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Radioisotopic ages for meteorites and their components provide constraints on the evolution
of small bodies: timescales of accretion, thermal and aqueous metamorphism, differentiation,
cooling and impact metamorphism. Realising that the decay heat of short-lived nuclides (e.g.
26
Al, 60 Fe), was the main heat source driving differentiation and metamorphism, thermal
modeling of small bodies is of utmost importance to set individual meteorite age data into
the general context of the thermal evolution of their parent bodies, and to derive general
conclusions about the nature of planetary building blocks in the early solar system. As a
general result, modelling easily explains that iron meteorites are older than chondrites, as early
formed planetesimals experienced a higher concentration of short-lived nuclides and more
severe heating. However, core formation processes may also extend to 10 Ma after formation of
Calcium-Aluminum-rich inclusions (CAIs). A general effect of the porous nature of the starting
material is that relatively small bodies (< few km) will also differentiate if they form within
2 Ma after CAIs. A particular interesting feature to be explored is the possibility that some
chondrites may derive from the outer undifferentiated layers of asteroids that are differentiated
in their interiors. This could explain the presence of remnant magnetization in some chondrites
due to a planetary magnetic field.

(e.g., Miyamoto et al., 1982; Trieloff et al., 2003; Kleine
et al., 2008) to numerical models considering initial porosity, sintering or regolith development (e.g., Bennett and McSween, 1996; Akridge et al., 1998; Harrison and Grimm,
2010; Henke et al., 2012a,b, 2013; Monnereau et al., 2013).
There is no final agreement, however, if specific asteroids
cooled in an undisturbed onion shell type structure, i.e,
some authors argue that this structure was preserved — at
least for a part of the H chondrite asteroid — as long as
100 Ma, others argue that this structure was disrupted and
reassembled by a large impact event after reaching peak
metamorphic temperatures (Taylor et al., 1987; Scott and
Rajan, 1981; Ganguly et al., 2013; Scott et al., 2013). However the modeling of onion shell type bodies nevertheless
allows insights into thermal evolution without additional
complexities involving major collision events.
For differentiated planetesimals numerical models were
developed to describe, e.g., the differentiation of Vesta
(Ghosh and McSween, 1998). Important processes that
need to be considered are formation time, but also duration of accretion (Merk et al., 2002) convection and melt
migration (Hevey and Sanders, 2006; Sahijpal et al., 2007;
Moskovitz and Gaidos, 2011; Neumann et al., 2012). Only
few models take into account initial porosity, sintering, the
accretion process and redistribution of heat sources during
core and mantle/crust formation. Chronological constraints
are derived from iron meteorites (e.g., Kleine et al., 2005,

1. INTRODUCTION
Radioisotopic ages for meteorites and their components provide constraints on the evolution of small bodies: timescales of accretion, thermal and aqueous metamorphism, differentiation, cooling and impact metamorphism.
There had been many debates about the nature of the heating source of small bodies, realising that the decay heat of
long-lived nuclides (e.g. 40 K, U, Th) is insufficient. Most
studies prefer as main heat source driving differentiation
and metamorphism the decay heat of 26Al, and possibly
60
Fe, although recent studies (Tang and Dauphas, 2012;
Telus et al., 2012) indicate that its abundance was probably
too low to induce major effects.
Thermal modeling of small bodies is of utmost importance to set individual meteorite age data into the general
context of the thermal evolution of their parent bodies, and
to derive general conclusions about the nature of planetary
building blocks in the early solar system.
For undifferentiated chondritic planetesimals, a number
of thermal evolution models were constructed that yielded
onion-shell type parent body structures with strongly metamorphosed and slowly cooling rocks in deep planetesimal
interiors, and weakly metamorphosed fast cooled rocks in
shallow outer layers. Models ranged from mere analytical
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Chondrite group
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L
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CM

CR2

CO
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CV
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[vol%]
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60-80
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-

0.3
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1.0
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4
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4
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10-15
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15?
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5
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0

0.1
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0

0

17
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[vol%]
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[vol%]

< 2-15?

FeNi metal3,5

[vol%]
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Femetal /Fe6total
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0.76
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[mol%]
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16

16
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23-26

27-32

0-0.2

0-0.3

Mg/Si7

0.75

0.85

0.95

0.93

0.94

1.05

1.05

1.06

1.06

1.08

1.05

Al/Si7

0.051

0.055

0.065

0.065

0.065

0.085

0.093

0.079

0.092

0.097

0.111

Ca/Si7

0.036

0.038

0.050

0.050

0.049

0.061

0.071

0.060

0.700

0.075

0.082

Fe/Si7

0.92

0.66

0.80

0.59

0.53

0.86

0.84

0.80

0.80

0.73

0.75

(Refract./Mg)8CI

0.87

0.83

0.93

0.94

0.90

1.00

1.15

1.03

1.13

1.21

1.35

6

Petrol. types
Max. temp.6

[K]

3-5

3-6

3-6

3-6

3-6

1

2

2

3

3-6

3

1020

1220

1220

1220

1220

430

670

670

870

1220

870

Notes: (1) Adapted from Trieloff and Palme (2006), with modifications. (2) CR group without CH chondrites. (3) From Brearley and Jones (1998). (4) From Rubin and
Wasson (1995). (5) In matrix. (6) From Sears and Dodd (1988). (7) From Hoppe (2009). (8) From Scott et al. (1996).

2009) and basaltic achondrites (e.g., Bizzarro et al., 2005).

On the other hand, the majority of meteorites is undifferentiated. Such meteorites have to a first order solar
abundances of Fe, where Fe is partly present as metal, and
partly oxidised residing in silicates (see Table 1). The term
“undifferentiated” also refers to the simultaneous existence
of phases formed at low temperatures — represented by
fine-grained matrix rich in volatile elements — and phases
formed at high temperature: Prominent examples are rare,
cm-sized Calcium-Aluminum-rich inclusions (CAIs) and
abundant sub-mm to mm-sized droplets, crystallized from
liquid silicates, that are called chondrules — after which undifferentiated meteorites are named chondrites. These tiny
objects formed by yet unknown flash heating processes in
the solar nebula, were rapidly cooled (order of K/hour or
K/day) and predate accumulation of planetesimals .
The two major classes of undifferentiated meteorites are
ordinary chondrites — the most abundant class of meteorites delivered to Earth — and carbonaceous chondrites.
Carbonaceous chondrites can have significant amounts of
water and carbon and contain more matrix and fewer chondrules. Matrix often contains hydrous minerals resulting
from ancient interaction of liquid water and primary minerals, indicating mild thermal heating of the parent body
initiating fluid flow.
In general, chondrites represent undifferentiated, chemically “primitive” material with approximately solar element
abundances of non-volatile elements. However, the various
chondrite groups have characteristic compositional differences, e.g., in major element ratios like Mg/Si and Al/Si, or
oxygen isotopic composition. A further well known classification criterion is the strong variation in the abundance

1.1 Meteorites and their components
Much of our knowledge about the formation of first
solids and planetary bodies in the solar system is derived
from studies of extraterrestrial matter. Meteorites were
available for laboratory investigations long before extraterrestrial samples returned by space probes. Most meteorites
are from asteroids, which in turn are the remnants of a
swarm of planetesimals leftover from the planet formation
process 4.6 Ga ago. The diversity of meteorite classes available in worldwide collections implies that they are derived
from about 100 different parent bodies. Only a minority
of meteorites are from asteroids that were differentiated
like the terrestrial planets, with metallic Fe-Ni cores, silicate mantles and crusts. These meteorites comprise various
classes of iron meteorites, and meteorites of mainly silicate
composition (e.g., basaltic, lherzolitic, etc.). The largest
group of differentiated silicate meteorites belong to the
HED group (Howardites, eucrites, diogenites) and are commonly assumed to stem from Vesta, based on dynamical
reasons and spectroscopy (see section 6). Another important group of basaltic meteorites are the angrites, for which
no parent body has been assigned conclusively. Iron meteorites and basaltic achondrites yield surprisingly young radiometric ages (Trieloff , 2009), consistent with the picture
that they formed and differentiated early in solar system history. This evidences that there was a heat source providing
differentiation energ even for small bodies in the early solar
system.
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TABLE 2
R ADIOACTIVES
Parent

Daughter

IMPORTANT FOR THERMOCHRONOLOGY AND HEATING OF PLANETARY BODIES .

Half-lifea

Abundanceb

Reference

a
26

Al

26

Mg

Heating rate

Main decay modes

W/Kg

7.17 × 105

5.2 × 10−5

27

1.67 × 10−7

Al

26
60

53

Fe
Mn

182

Hf

129

I

244
40

Pu
K

60

53

Ni

2.6 × 106
5.27 × 100

5.8 × 10−9
6.3 × 10−6

56

Cr

3.7 × 106

W

6

8.9 × 10
114.43 d

9.7 × 10

129

55

Hf

1.2 × 10−4

127

I

−3

238

U

39

K

Xe

1.6 × 107

Xe

7

8.2 × 10

6.6 × 10

40

Ca
Ar

1.26 × 109

1.58 × 10−3

Pb

1.401 × 1010

53

Mn

180

−5

131−136

Th

208

U

207

Pb

238

U

206

Pb

60

2.74 × 10−8

Fe

Mn + e → 53 Cr + ν̄
Hf → 182 Ta + β − + ν̄
182
Ta → 182 W + β − + ν̄
129
244

4.40 × 10−8

Si

1.30 × 10−12

7.038 × 10

−9

5.80 × 10

4.468 × 109

1.80 × 10−8

I → 129 Xe + β − + ν̄

K → 40 Ca + β − + ν̄
K + e → 40 Ar + ν̄

232

82
18
100
100
100
100
100
100

Pu → spont. fission

40

2.26 × 10−11
40

8

Fe → 60 Co + β − + ν
Co → 60 Ni + β − + ν

182

40
232

26
Al → 26 Mg+β + + ν
Al + e → 26 Mg + ν̄
60

182

235

percent

89
10.7

Th → 208 Pb + 6α + 4β

Si

−12

3.66 × 10

235

U → 207 Pb + 7α + 4β

Si

1.92 × 10−12

238

U → 206 Pb + 8α + 7β

Notes: (a) Half-lives are from Rugel et al. (2009) for 60 Fe, from Matson et al. (2009) for 26 Al, (b) Abundances for alive nuclei at formation time of the solar system are from
Lodders et al. (2009), for extinct nuclei for 26Al from Jacobsen et al. (2008), 60 Fe from Tang and Dauphas (2012), 53 Mn from Trinquier et al. (2008), 182 Hf from Burkhardt
et al. (2008), 129 I from Brazzle (1999), 244 Pu from Hudson et al. (1989).

of Fe in reduced (metallic) and oxidised form, i.e., the Fe
content of silicates.
The most reduced groups are EH and EL enstatite chondrites, named after the Fe-free Mg-endmember enstatite of
the mineral group pyroxene. Here, Fe is not present in oxidised form in silicates, it occurs mainly in metals and sulfides. Ordinary chondrites are classified according to the
total abundance of Fe, and the ratio of reduced (metallic)
Fe to oxidised Fe: H (High total iron), L (Low total iron)
and LL (Low total iron, Low metal). Carbonaceous chondrites are classified according to their contents of volatile
elements, but also other parameters. They are named after a
prominent member of the respective group: CI (Ivuna), CM
(Mighei), CO (Ornans), CK (Karoonda), CV (Vigarano),
CR (Renazzo). Some of the characteristic properties of
these meteorite groups are collected in Table 1.
Based on several lines of reasoning, each chondrite
group and its unique composition is assigned to a specific
independent parent body. Although they remained undifferentiated, chondritic rocks were heated to variable peak
metamorphic temperatures described by the so called petrologic type. In general, petrologic type 3 represents the most
pristine, unaltered material. In the case of (essentially dry)
ordinary chondrites, petrologic types 4 to 6 describe a sequence of increasing metamorphism, at temperatures up
to 1 200 — 1 300 K. In the case of water bearing carbonaceous chondrites, the sequence of type 3 - type 2 - type 1
is a sequence of increasing intensity of aqueous metamorphism and increasing alteration by low temperature fluids
(see Weisberg et al., 2006, for details of classification).

The existence of different petrologic types among individual chondrite groups demonstrates that different heating
effects and/or cooling conditions prevailed on individual
parent bodies. Thermal modeling should explain these variable heating and cooling scenarios reflected by chondritic
rocks.
1.2 Radioactives in the early solar system
A number of now-extinct short-lived and long-lived radioactive nuclei were present in the early solar system, that
play a key role for heating of planetesimals and for dating
key processes during formation of the solar system (see, e.g.
McKeegan and Davis, 2003; Krot et al., 2009; Dauphas and
Chaussidon, 2001, for a review). Table 2 gives an overview
of some important radioisotopes present in the early solar
system, their daughter nuclides, decay modes and their initial abundances at time of CAI formation. Radioactive isotopes are important for early solar system evolution in two
respects:
1. Radioisotopes can be used to trace the cooling histories of meteorites and their parent bodies via isotopic dating methods (see section 3). While long-lived nuclides like
238
U, 235 U, and 40 K are widespread used in geochronology
(U-Pb-Pb and Ar-Ar dating), short-lived nuclides with half
life’s of < 100 Ma like 26Al, 53 Mn, 182 Hf, 129 I or 244 Pu are
mainly used for meteorites which formed within the first
tens of millions years of the solar system. Ages based on
one specific short-lived nuclide define only relative time
scales that need to be calibrated to an absolute time scale
(typically by fast cooled precisely dated rocks called tie
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Fig. 1.— Formation time (assuming instantaneous accretion) as a
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Fig. 2.— Evolution of the filling factor D by sintering of a body
with initially 100 km radius and an inital filling factor of D = 0.64
(= random densest packing of equal sized spheres). At about one
half-life (τ1/2 ) of 26Al after (instantaneous) formation of the body
there is a sudden shrinking of the body due to onset of sintering
(from Henke et al., 2012a).

function of the terminal radius of a planetesimal indicating the parameter space for which a planetesimal forms a core (dark grey),
melting occurs but no core differentiation (light grey area in between solid and dashed line) and no melting occurs (light grey
area above dashed line) (from Neumann et al., 2012).

points). However, the chronologic interpretation of initial
isotope abundances as “ages” requires a homogeneous distribution of the parent nuclide in the solar nebula, which is
for some cases still a matter of debate.
2. Radioisotopes were furthermore an important heat
source for early formed planetesimals and caused aqueous
and thermal metamorphism, or even melting and differentiation. Particularly 26Al was present with an abundance
which should have severe heating effects on early formed
bodies of bigger than a few km in size (see section 4.5).

starts to melt and differentiate depends mainly on the composition, the accretion time that is associated with the available amount of short-lived radioactive elements and the size
of the body. The earlier the onset of accretion and the larger
the body, the higher are the interior temperatures and the
more likely is the differentiation (see Fig 1). In the following we discuss in more detail the evolution and interior
structure of the different types of small planetary bodies,
i.e., undifferentiated, differentiated and icy bodies.
2.1 Undifferentiated bodies

2. INTERNAL CONSTITUTION AND THERMAL
EVOLUTION OF PLANETESIMALS

In the initial state, the planetesimals are assumed to be
highly porous as they initially grew as aggregates of dusty
and unconsolidated material of the protoplanetary discs. As
most meteorites are well-consolidated (Britt and Consolmagno, 2003), the planetesimals have experienced some
form of compaction from the unconsolidated and highly
porous to consolidated state. Two subsequent stages of
compaction are generally assumed: cold compaction simply due to self-gravitation (e.g., Güttler et al., 2009) and hot
pressing, i.e., the so-called sintering, which is associated
with the deformation of the crystals due to temperature and
pressure (Rao and Chaklader, 1972; Yomogida and Matsui,
1984). The surface porosity is further influenced by impact
processes that also result in a compaction of the dusty material (Weidling et al., 2009). For planetary bodies bigger
than 10 km most part of the interior is already compacted
by cold isostatic pressing to about a density close to that
of the densest random packing of equal-sized spheres. The
porosity φ (i.e., the fraction of voids per unit volume) of the
closest random packing is about 0.36–0.4 (Song et al., 2008;
Henke et al., 2012a). In the subsequent evolution when the
planetary body is heated by the radioactive decay, sintering

The evolution of small planetary bodies such as asteroids
begins with its accretion from the protoplanetary dust and
ice as a porous aggregate (e.g. Morbidelli et al., 2012, see
also chapters by Johansen et al., and Raymond et al.). Heating by radioactive decay combined with the self-gravity
leads to the substantial compaction at sub-solidus temperatures and in case of icy bodies to crystallization of amorphous ice and phase transitions of volatile species. Provided strong radiogenic heating by 26Al and 60 Fe, the iron
and silicate phases start to melt upon reaching the respective solidus temperature — heating by impacts has played
a minor role for melting on bodies smaller than 1000 km
(Keil et al., 1997; Srámek et al., 2012). If melting is wide
spread enough, the planetary body can differentiate (at least
partially) into an iron core and a silicate mantle. Differentiation is initiated by the iron melt sinking downward and
silicate melt percolating towards the surface. In case of icy
bodies, melting of the ice starts before iron and silicates and
thus we have a third component that is possibly separated.
Whether a small planetary body remains undifferentiated or
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starts in the deep interior where pressure and temperature
are highest. The threshold temperature, at which sintering
becomes active and the porosity rapidly approaches zero, is
about 700 – 750 K assuming the simple treatment of sintering from Yomogida and Matsui (1984). With further heating, the compacted region moves toward the surface and the
planetary body shrinks in size as the porosity (volume) is
decreasing. Figure 2 shows a typical evolution of the radial
distribution of the filling factor D (defined as D = 1 − φ,
note that in part of the literature the filling factor D is denoted as φ). Assuming an initial porosity of the planetary
body between 40 and 60% the radius shrinks by about 15
– 25% of its initial value in about 0.6 decay timescales of
26
Al.
A porous layer remains at the surface as the threshold
temperature of sintering cannot be reached there. The thickness of this porous layer varies with the onset time of formation and the size of the planetary body — the later the
onset time and the smaller the body, the less heat is provided by radioactive decay and the larger is the relative
thickness of the outer porous regolith layer. An important
effect of sintering is the associated change in the thermal
conductivity of the material. The thermal conductivity is
about two to three orders of magnitude higher for compacted material in comparison to highly porous material
(e.g., Krause et al., 2011a,b, see also section 4.3). Various thermal evolution models for planetesimals (Yomogida
and Matsui, 1984; Sahijpal et al., 2007; Gupta and Sahijpal, 2010; Henke et al., 2012a; Neumann et al., 2014) have
demonstrated the importance of sintering and the associated
change of the thermal conductivity: the porous layer thermally insulates the interior resulting in temperatures in the
outer layers that increase more rapidly than in the models
assuming a homogeneous body without porosity changes
(Miyamoto et al., 1982). This observation has in particular consequences on the burial depths of meteorites and
predicts shallower outer layers for the petrologic types (see
section 5). It should be noted that sintering as well as the
rate of change of the interior temperatures are dampened by
any kind of non-instantaneous accretion (Merk et al., 2002;
Neumann et al., 2012). Hence the thickness of the porous
regolith layer increases with the duration of accretion.
The typical cooling history shows that the planetary
body is first heated by decay of 26Al and possibly 60 Fe and
then cools down over an extended period. The temperature distribution in an undifferentiated but sintered planetesimal shows a typical onion-like thermal structure for which
the temperature decreases from the center toward the surface (Bennett and McSween, 1996; Harrison and Grimm,
2010; Henke et al., 2012a,b; Monnereau et al., 2013). The
coupling of accretion and sintering, however, leads to an
episodic evolution of the central peak temperature with at
least two heating phases during the first few Ma (Neumann
et al., 2012). The heating by the long-lived isotopes of U,
Th and K becomes significant only after ≈ 8 Ma after CAIs.
These nuclides do not provide an effective heat source because in asteroid-sized bodies their heat generation rate is

of the same magnitude as the rate of heat loss through the
surface (Yomogida and Matsui, 1984). The temperature distribution is consistent with an onion-shell structure in which
the degree of thermal metamorphism is a function of depth
within the parent body. The time scale of the heating and
cooling phase depends on the size of the body and its formation time — thus results from thermal evolution models can
be used to fit the chronological data of meteorites to obtain
the onset time of formation, the size of the parent body and
the burial depths of the meteorites (see sections 3 and 5).
2.2 Differentiated bodies
In contrast to undifferentiated bodies, melting has occurred in the interior of differentiated bodies and processes
like heat transport via magma segregation or convection and
redistribution of the radioactive isotopes play an important
role in their thermo-chemical evolution — effects that also
tend to dampen the interior temperature increase. As in the
case of the undifferentiated bodies, in the initial stage the
differentiated bodies accrete as porous material and compacts due to cold compaction and hot pressing. Melting
starts when the solidus temperature of the iron and silicate
phase is reached. Typically the iron-rich phase starts to melt
at a lower temperature than the silicates for a volatile poor
body.
It has been shown that the heat production by the shortlived radioactive nuclei coupled with an initially porous
state suffices to achieve melting even in a small planetesimal with the radius of only a few km in case they form
simultaneously with the CAIs (Hevey and Sanders, 2006;
Moskovitz and Gaidos, 2011; Henke et al., 2012a; Neumann
et al., 2012) (Fig. 1). With increasing formation time a
larger planetesimal is required for melting to occur. After
a formation time of about 2.8 – 3 Ma melting and differentiation is unlikely assuming a planetesimal with a composition consistent to ordinary chondrites (e.g., Ghosh and
McSween, 1998; Sahijpal et al., 2007; Moskovitz and Gaidos, 2011; Neumann et al., 2012). This threshold may shift
to later formation times if the material consists of volatiles
reducing the melting temperature.
The occurrence of melt does not necessarily result into
the differentiation (core-mantle or mantle-crust differentiation) of the planetary body. Whether partial melt can separate from the solid matrix depends on the density contrast
between the molten and the solid material, the amount of
partial melt and the melt network. In particular, an interconnected melt network is required as melt will not separate
from the residual solid matrix if trapped in disconnected
pockets. These pockets occur when the so called dihedral
angle exceeds value of 60◦ and the melt fraction stays below a certain critical melt fraction (von Bargen and Waff ,
1986). For a dihedral angle smaller than 60◦ , a stable interconnected melt channel occurs for all melt fractions. In
most partial melts including basic Si melts, the dihedral angle is less than 60◦ (Beere, 1975; Waff and Bulau, 1979).
Thus, even if the silicates melt fraction is as small as a
5

Fig. 3.— Sketch showing processes that occur at certain temperatures or temperature ranges in icy planetesimals. Numbers are
temperature in Kelvin, note that absolute values will vary with the assumed composition. Considering that a body heats up with time
during and after its accretion, these processes change subsequently during the thermal evolution and influence the temperature and
the structural evolution of a planetesimal. Note that when the body cools after the initial heating phase, energy will be released by
crystallization of melt and the volume changes are reversed.
few percent, an interconnected network forms and is able
to segregate (Taylor et al., 1993; Maaloe, 2003). For iron
melt the situation is more controversial: Experimental studies — most at higher pressures than expected for melting in
small planetary bodies — have shown that partial melting
does not lead to metal melt migration unless a substantial
fraction of partial melt is present (e.g., Takahashi, 1983;
Agee and Walker, 1988; Gaetani and Grove, 1999). Only
recent experiments suggest an interconnected melt network
for pressures below 2 – 3 GPa (Terasaki et al., 2008). Furthermore, Fe,Ni-FeS veins have been identified in the acapulcoites and lodranites, suggesting melt migration for low
degree of melting (McCoy et al., 1996). However, these
veins represent only short distance migration suggesting
that sulfide-rich early partial melt was not separated from
the metal-rich residue (McCoy et al., 1997).
Different scenarios and relative timing between the coremantle and mantle-crust differentiation have been proposed
of which the following three main scenarios can be found
in the literature: Iron segregation and core formation occurs
already for a small melt fraction and even before silicate
starts to melt (Hewins and Newsom, 1988; Sahijpal et al.,
2007). Thus, mantle-crust differentiation follows core formation. In contrast to the first scenario, it is suggested that
core formation requires a substantially larger melt fraction
including melt of the silicates. Assuming a melt threshold
of about 40%, mantle-crust differentiation starts before core
formation with an onset time of melt extrusions between
0.15 – 6 Ma after the CAIs (Gupta and Sahijpal, 2010). In
the third scenario, a threshold of more than 50% melt is

assumed for metal to efficiently segregate into the center
(e.g., Taylor, 1992; Taylor et al., 1993; Righter and Drake,
1997; Drake, 2001; Hevey and Sanders, 2006; Gupta and
Sahijpal, 2010; Moskovitz and Gaidos, 2011) — thus, the
presence of an early magma ocean is required to form a
core. These models further imply that core formation is
almost instantaneous and is followed — as in the first scenario — by the mantle-crust differentiation. The existence
of an early magma ocean on planetesimals that form with
or shortly after the CAIs has been also suggested to explain
the observed remnant magnetization in meteorites (Weiss
et al., 2008; Carporzen et al., 2010; Weiss et al., 2010; Fu
et al., 2012). It should be noted though that in most models
studying the influence of differentiation on the thermal evolution of a planetesimal a certain scenario is prescribed, i.e,
segregation of either silicates or iron occurs at a fixed melt
fraction and is not calculated self-consistently.
A first attempt to model the differentiation process selfconsistently via porous flow by Neumann et al. (2012) indicates that the timing of core formation with respect to the
occurrence of silicate melting also depends on the amount
of light elements in the iron phase, which lower the melting temperature, such as sulfur: For a sulfur rich composition core formation is prior to silicate melting similar to the
findings by Hewins and Newsom (1988) but for a low sulfur
content as in fact suggested for H-chondrites (Keil, 1962)
core formation starts simultaneously with silicate melting
but is completed earlier than the mantle crust differentiation. This difference in timing is caused by the variation in
the migration velocity through porous media that depends
6

among others on the melt fraction. In the case of low sulfur content the temperature difference between solidus and
liquidus of the Fe-FeS mixture is a few hundred degrees
whereas it is only a few tens of degrees for a high sulfur
content. Thus, assuming the same temperature increase by
radioactive heat sources and the same mass of the entire iron
rich phase, a smaller melt fraction is available for low sulfur content, which then migrates on timescales longer than
the mean life of the short lived radioactive isotopes — the
temperature and the amount of melting increase before melt
segregates. As a further consequence, core formation takes
more than 2 Ma and up to 10 Ma for planetesimals that experience less than 50% degree of melting.
As mentioned above, for degrees of melting higher than
about 50%, a magma ocean is present in a planetesimal. At
this melt threshold a change in the matrix structure can be
observed that is associated with a strong decrease of the viscosity to values representing the liquid material (≈ 0.1 – 1
Pas). In this region of high degree of melting, the melt and
heat transport is not via porous flow but vigorous convection
can set in to cool efficiently the interior. A first numerical
study to model the convective cooling of a magma ocean is
by Hevey and Sanders (2006). They incorporate increased
heat transfer by convection once the melt fraction exceeds a
value of about 50%. Due to efficient cooling, further heating by 26Al and 60 Fe does not increase the magma ocean
temperature and thus the degree of partial melting, but increases the extent of the magma ocean — the planetesimal
becomes a partly molten sphere undergoing vigorous convection below a thin rigid shell. A similar process has been
suggested by Weiss et al. (2008) and Elkins-Tanton et al.
(2011) who show that the efficient cooling of the magma
ocean might be responsible for the generation of a magnetic
field in the iron-rich core of parent bodies lasting more than
10 Ma. These studies, however, neglected the partitioning
of 26Al into the silicate melt. Considering that migration
of 26Al enriched melt towards the surface dampens strongly
the internal temperatures even before a large scale internal
magma ocean can be generated (Hevey and Sanders, 2006;
Moskovitz and Gaidos, 2011; Neumann et al., 2014). Precluding a global magma ocean is supported by Wilson and
Keil (2012) who suggest that volatile rich magmas in the
mantles would be removed very efficiently and only small
amounts of melt in the interior would be present at any time.
Although details in the timing of the differentiation processes differ between the various models, most thermochemical models suggest that both chondritic meteorites
and differentiated meteorites may originate from one and
the same parent body (Sahijpal and Soni, 2005; Bizzarro
et al., 2005; Hevey and Sanders, 2006; Sahijpal et al., 2007;
Weiss et al., 2010; Elkins-Tanton et al., 2011; Neumann
et al., 2012; Formisano et al., 2013a). These models show
that a typical structure consists of a differentiated interior
with an iron core and a silicate mantle that is covered by an
undifferentiated upper layer with its lower part being sintered and compacted and its upper part still porous. An
interior structure that may also explain the remnant mag-

netisation of the CV meteorite Allende (Weiss et al., 2010)
— although the origin of the magnetization is controversially discussed (Bland et al., 2011) — and can develop as
the basaltic magmas rising by porous flow cool and solidify
while rising toward the surface, leaving the upper layer unaffected (Elkins-Tanton et al., 2011; Neumann et al., 2012).
Furthermore, Lutetia with its high bulk density of 3400
± 300 kgm−3 (Pätzold et al., 2011) and its primitive surface could also be a potential candidate (Weiss et al., 2012;
Formisano et al., 2013b; Neumann et al., 2013). An undisturbed primordial surface layer is, however, more difficult
to preserve for high degree of partial melting (e.g., early
formation relative to CAIs) and further considering the enrichment of 26Al into the melt (Neumann et al., 2014), in
case of an increase in melt buoyancy due to exsolution of
volatiles (Wilson and Keil, 1991; Keil and Wilson, 1993)
and/or a decrease in the resistance to flow due to coalescence of melt channels into larger veins and dikes (Wilson
et al., 2008) — processes that also tend to preclude a deep
magma ocean (see above). Instead, a much more efficient
transport of melt toward the surface and a ‘destruction’ of
the upper primordial layer is likely. In the work by Wilson
and Keil (1991), the authors further argue that basaltic melt
that contains more than a few hundred parts per million of
volatiles is lost to space by explosive volcanism for parent
bodies of less than 100 km in radius. This process might
explain the lack of observed asteroids with a basaltic crust.
For larger bodies such as Vesta, which is one of the few asteroids showing a basaltic crust at its surface (Binzel et al.,
1997; De Sanctis et al., 2012), explosive silicate eruptions
can not escape the gravity field and remain at the surface.
In conclusion, an early formation time relative to the CAIs
and/or a volatile rich composition favours the existence of
a basaltic crust (unless it is lost to space), whereas a late
formation time and a dry composition is in more in favour
of an undifferentiated layer above a differentiated interior.
2.3 Icy bodies
The thermal and structural evolution of a planetesimal
can vary substantially depending on the concentration of
water. The presence of water ice may moderate the temperature increase during heating as substantial amounts of
heat may be absorbed during melting. Moreover, the resulting warm melt water may redistribute heat within the body
by hydrothermal convection and by porous flow (Grimm
and McSween, 1989). In addition, other processes that are
not common of dry silicate bodies may influence the thermal evolution of icy bodies. Among these are exothermic
processes such as the crystallization of amorphous ice (one
of the major possible morphological transformations inside
small icy planetary bodies, according to Prialnik and BarNun (1992), Prialnik and Podolak (1999), the formation of
hydrous silicates (e.g. serpentine), as well as endothermic
dehydration reactions. The release of latent heat through
hydration reactions, in particular, may cause runaway melting of ice as has been demonstrated by Cohen and Coker
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Fig. 4.— Structural end members of small icy bodies based on different evolution scenarios: (a) homogeneous body made of a mixture
of H2 O and high-density silicates, (b) differentiated body with high-density silicate core or low-density serpentine and outer ice layer,
(c) same as (b) but the presence of antifreeze material (ammonia) maintains a liquid layer, and (d) fully differentiated model with an
inner iron core (adapted from McCord and Sotin, 2005).

terval. Hydration reduces the density of the rock and is an
exothermic reaction.
4. The dehydration of silicates occurring at higher temperatures is endothermic and consumes more energy than
is produced by hydration. Release of the water bonded in
minerals increases the density of the rock phase and causes
shrinking of the body.
5. Silicate and iron melting are both endothermic processes that require energy and are associated with expansion of the body. The temperature interval for which melting occurs depends on the composition of the planetesimals
and in particular on the amount of water in the anhydrous
mineral phase. Iron and silicate melting are also related to
porous flow, differentiation of silicates and iron, as well as
the associated heat transport.
Wakita and Sekiya (2011) investigated the occurrence of
liquid water in bodies with radii of up to 1 000 km that are
heated by 26Al. They considered differentiation of ice and
rock via Stokes flow, hydration reactions and varied the
time of the (instantaneous) formation and the initial temperature. According to their results, icy planetesimals that
formed 2.4 Ma after CAI will not experience melting of water ice and thus differentiation, regardless of their size. It
should be noted, however, that this conclusion must likely

(2000). The initiation of the above processes depend mostly
on temperature and occur at times that are determined by
the thermal evolution of the planetesimal. They are usually
associated with density changes in the interiors. Expansion
or shrinkage of the planetesimals due to the density changes
may even shape the surfaces of these bodies (see Fig. 3).
The following list details the processes in order of occurrence during heating of an icy planetesimal:
1. The exothermic transition from amorphous to crystalline ice occurs at about 100 K (Merk and Prialnik, 2003,
2006), thereby the density of ice (940 kg m−3 for amorphous ice) decreases, causing expansion and the thermal
conductivity of the ice increases by a factor of ≈ 20.
2. Water ice melting is an endothermic reaction and during the melting of ice the density increases to 1 000 kg m−3
causing shrinkage of the body. However, with further increasing temperature up to the evaporation temperature, the
density decreases again and results in an expansion. Ice
melting is also related to hydrothermal convection and differentiation of ice, water, and silicates and the associated
heat transport.
3. Hydration of silicate minerals (e.g., the formation of
serpentine from forsterite and H2 O) can occur simultaneously with ice melting but across a larger temperature in-
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be revised toward later formation times if long-lived nuclides and 60 Fe are taken into account (e.g., McCord and
Sotin, 2005). The thermal history of an icy body — mostly
depending on the formation time relative to the CAIs —
and depending on which of the above processes actually
occurred, may result in a variety of interior structures. Figure 4 shows some possibilities ranging from a homogeneous
body made of a mixture of H2 O and high-density silicates
to a fully differentiated structure with even an inner iron
core. Whether the latter structure is possible, however, is
questionable for small icy bodies because large amounts of
26
Al or early accretion may rather result in a dehydrated
planetesimal as water may vaporize and escape the accreting body (McCord and Sotin, 2005).
Among the icy bodies, Ceres, the second target of the
Dawn spacecraft, is of particular interest and its thermal
evolution has been repeatedly modeled. Ceres is the largest
body in the asteroid belt with a radius of 470 km and its low
bulk density of 2 077 ± 36 kg m−3 (Thomas et al., 2005)
suggests a global ice mass fraction of 17 – 27 weightpercent if the average porosity is negligible (McCord and
Sotin, 2005). The surface material displays spectral properties of carbonates, brucite and carbon-rich clays (Rayner
et al., 2003; Cohen et al., 1998; Rivkin et al., 2006; Milliken and Rivkin, 2009). Based on the inferred surface
composition, the primordial material of Ceres is of carbonaceous chondritic nature and has been formed during
the first 10 million years of the solar system. Taken together the spectral data and mapping, Ceres is most probably an ice-rich world whose surface has substantially been
changed by aqueous alteration. The latter could be a result of the eruptions driven by interior aqueous activity and
subsequent sublimation of ice from the surface. Assuming an ice-silicate composition, thermal models by McCord
and Sotin (2005) which considered short- and long-lived radioactive nuclide heating suggest that Ceres is likely differentiated into a rocky core, an icy mantle and possibly a shallow still liquid layer above the core (Fig. 4b,c). Even if only
long-lived radionuclide heating is assumed, the water ice in
Ceres would melt quickly and a water mantle would form,
except for an upper crust that would not melt. Whether this
structure actually formed depends critically on the amount
of water at the time of its accretion, and the amount of 26Al
present in the pre-Ceres objects. The likely presence of a
liquid layer above the silicate core has been supported by
Castillo-Rogez and McCord (2010) who emphasize that the
surface temperatures of 180 K would increase the likelihood
of a deep ocean in today’s Ceres, provided a sufficient concentration of ammonium and salts (Fig. 4c) are present.

low a certain critical value called “closure temperature”.
The age of a mineral or rock, usually expressed in million years (Ma) or billion years (Ga), can be understood as
the accumulation time of a daughter isotope by radioactive
decay from a parent nuclide. The system to be dated must
meet certain conditions to obtain geologically meaningful
ages:
1. ”Closed system” condition: During the accumulation time no loss, gain — except radioactive decay — or
diffusion processes affecting concentration profiles of both
parent and daughter nuclides should occur, unless such
changes can be corrected for.
2. During formation of the system, parent and daughter elements were fractionated, i.e., partitioned differently
into different phases due to their different geochemical behaviour. On the other hand, daughter element isotopes were
equilibrated, i.e., all cogenetic phases have identical daughter isotope ratios. This allows the determination of the initial abundance of daughter atoms, to quantify the daughter
isotope excess due to in situ radioactive decay.
If these conditions are fulfilled, radioisotope ages date
the event of fractionation of parent from daughter element.
This may be caused by the crystallization of cogenetic minerals, yielding the crystallization age of a rock. Strictly
speaking these ages are cooling ages, as the radiometric
clock only starts below the so called closure temperature
when diffusion of daughter element isotopes becomes ineffective. Closure temperatures depend on the dating system
and the diffusion properties of isotopes in the mineral(s)
dated. Particularly low closure temperatures are inherent
to isotopic dating systems involving high diffusion coefficients such as noble gases. Cooling ages may significantly
postdate the crystallization of a rock, if cooling needed long
time intervals and closure temperatures are low.
The following radioisotopic dating systems can be used
to infer constraints on a meteorite’s cooling history:
1. 182 Hf-182 W:
This system is based on the decay of the short lived nuclide 182 Hf and dates the separation of metal and silicate
during parent body metamorphism or differentiation. For
chondrite metamorphic processes, the closure temperature
of 1 150 ± 75 K for H6 chondrites (Kleine et al., 2008) was
inferred by lattice strain models.
2. U-Pb-Pb:
This system is based on the simultaneous decay of 238 U to
206
Pb and 235 U to 207 Pb. High precision ages are usually
obtained by phases rich in U, e.g., phosphates (Göpel et al.,
1994; Blinova and Samson, 2007). Phosphates date cooling
through the closure temperature of 720 K as inferred from
diffusion experiments (Cherniak and Watson, 2001). Silicates hamper Pb diffusion at higher temperatures, Amelin
and Rotenberg (2005) estimated 1 050 ± 100 K for pyroxenes of chondrules from chondritic meteorites. Silicate
dates (Amelin and Rotenberg, 2005; Blinova and Samson,
2007; Bouvier et al., 2007) are usually less precise, and are
used only, if the maximum temperature to which the mete-

3. THERMOCHRONOMETRY OF METEORITES
The physical properties (e.g., size, formation time, shortlived nuclide concentration, initial porosity, heat conduction) of meteorite parent bodies significantly influence their
cooling history. Isotopic dating of meteorites can define
points in time when cooling caused temperatures to fall be9

TABLE 3
C LOSURE

AGES DETERMINED FOR SELECTED

H

CHONDRITES FOR A NUMBER OF THERMOCHRONOMETERS .

METEORITES ARE LISTED FOR WHICH AT LEAST THREE DATA POINTS ARE AVAILABLE .

K ELVIN ,

Hf-W
closure temperature
Meteorite

type

Estacado
Guareña
Kernouveé
Mt. Browne
Richardton
Allehan
Nadiabondi
Forest Vale
Ste. Marguerite

H6
H6
H6
H6
H5
H5
H5
H4
H4

Sources of data

1 150 ±75

ALL AGES IN

O NLY
(A LL TEMPERATURES IN

M YEAR .)

Thermochronometer
Al-Mg
U-Pb-Pb

Ar-Ar

750 ± 130

720 ± 50

550 ± 20

390 ± 25

4 562.5 ± 0.2
4 563.1 ± 0.2

4 501.6 ± 2.2
4 504.4 ± 0.5
4 522.5 ± 2.0
4 543 ± 27
4 551.4 ± 0.6
4 550.2 ± 0.7
4 555.6 ± 3.4
4 560.9 ± 0.7
4 562.7 ± 0.6

4 465 ± 5
4 458 ± 10
4 499 ± 6
4 516 ± 5
4 525 ± 11
4 541 ± 11
4 535 ± 10
4 551 ± 8
4 562 ± 16

4 401 ± 10
4 402 ± 14
4 438 ± 10
4 471 ± 13
4 469 ± 14
4 490 ± 14
4 543 ± 20
4 544 ± 14
4 550 ± 17

(c)

(d)

(e)

Pb-Pb
1 050 ± 100

fission-tracks

Closure time
4 557.3 ± 1.6

4 561 ± 7

4 557.9 ± 1.0

4 537.0 ± 1.1
4 554.8 ± 6.3
4 562.7 ± 1.7

4 561.6 ± 0.8

4 558.9 ± 2.3

(a)

(b)

(f)

Keys for sources:
(a) Hf-W ages are from Kleine et al. (2008) and were re-calculated relative to the 182 Hf/180 Hf of the angrite DOrbigny,
which has a Pb-Pb age of t = 4 563.4 ± 0.3 Ma Kleine et al. (2012). Closure temperature calculated using lattice strain
models.
(b) Closure temperature for Pb diffusion in chondrule pyroxenes estimated by Amelin and Rotenberg (2005). Age data by
Blinova and Samson (2007) for Estacado and Mt. Browne, Amelin and Rotenberg (2005) for Richardton, and Bouvier et al.
(2007) for Nadiabondi and Kernouvé.
(c) Data from Zinner and Göpel (2002). Activation energy and frequency factor by LaTourette and Wasserburg (1998):
E = 274 kJ/mol, D0 = 1.2 × 106 . Closure temperature calculated according to Dodson (1973) at 1 000 K/Ma cooling
rate and 2 µm feldspar grain size.
(d) Closure temperature by Cherniak et al. (1991), phosphate U-Pb-Pb age data by Göpel et al. (1994), and Blinova and
Samson (2007) for Estacado and Mt. Browne.
(e) Ar-Ar ages by Trieloff et al. (2003) and Schwarz et al. (2006) for Mt. Browne, recalculated for miscalibration of K
decay constant (Renne et al., 2011; Schwarz et al., 2011, 2012, , see text). Closure temperature by Trieloff et al. (2003) and
Pellas et al. (1997).
(f) Calculated age at 390 K from time interval between Pu-fission track retention in merrillite at 390 K and Pu-fission
track retention by pyroxene at 550 K (corresponds to Ar-Ar feldspar age at 550 K). Data by Trieloff et al. (2003), closure
temperature by Pellas et al. (1997).

to 40 Ar and 40 Ca: numerous whole rock Ar-Ar data exist, few data exist on mineral separates, e.g., feldspar that
usually dominates whole rock ages of equilibrated ordinary
chondrites. Ar diffusion data were used to infer a closure
temperature of 550 ± 20 K (Trieloff et al., 2003). Currently
there is a debate of the revision of the K decay constant
(Schwarz et al., 2011; Renne et al., 2010). However, most
recent recommendations (Schwarz et al., 2012; Renne et al.,
2011) agree that the Steiger and Jäger (1977) convention
should be revised upwards by 22 – 28 Ma at an absolute age
of 4 500 Ma.

orite was subjected was comparable or exceeded the closure
temperature of 1 050 ± 100 K. For mildly metamorphosed
meteorites, this is frequently not the case.
3. 26Al-26 Mg:
The 26Al decays with a half life of 0.72 Ma. There are
many Al-Mg dates for CAIs and chondrules, and very few
for parent body processes. For example, two dates exist
of formation and cooling of secondary feldspar for the H
chondrites Forest Vale and Ste. Marguerite (Zinner and
Göpel, 2002). Diffusion data exist for Ca rich feldspar (LaTourette and Wasserburg, 1998), from which a closure temperature of 750 ± 130 K can be calculated for a cooling rate
of 1 000 K/Ma and 2 micrometer sized feldspar grains, using the Dodson (1973) formula.

5. 244 Pu fission tracks:
This method uses tracks from the now extinct nuclide
244
Pu registered by phosphates and adjacent silicates (e.g.,
orthopyroxene). Due to different retention temperatures
(550 K for orthopyroxene, 390 K for merrillite obtained

4. 40 Ar-39 Ar:
This is a classical technique based on the dual decay of 40 K
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by annealing experiments; Pellas et al. 1997), minerals
can record different fission track densities in case of slow
cooling, whereas fast cooling results in indistinguishable
densities. Due to complex correction procedures — for irradiation geometry, cosmic ray tracks and cosmic ray spallation recoil tracks – this method is very time consumptive
which explains that only few groups worldwide applied this
technique (Pellas et al., 1997; Trieloff et al., 2003).

typical relative abundances of these constituents are shown
in Table 1, they have typical sizes of micrometers in the case
of relatively unprocessed matrix (Scott and Krot, 2005), and
typical sizes of millimetres in the case of chondrules, with
variations specific to each chondrite group (Scott, 2007;
Weisberg et al., 2006). Though chondrules may also contain fine grained mineral assemblages, they entered the meteorite parent body as solidified melt droplets after they
formed by unspecified flash heating events in the solar nebula.
The compacted solid material has a density ̺b . This
material is a complex mixture of minerals, dominated by
olivine and pyroxenes. The porous material has a density
̺ = ̺b (1 − φ) + ̺p φ, where ̺p is the density of the material in the pores. For ordinary chondrites the pores are
filled with a low pressure gas and this may be neglected, for
carbonaceous chondrites the pores could be filled by water. Besides porosity φ one also considers the filling factor
D = 1 − φ.
The porous material may approximately be described as
a packing of spheres. For a packing of equal sized spheres
it is found that there are two critical filling factors. One is
the random close packing with a filling factor of D = 0.64,
i.e., a porosity of φ = 0.36 (Scott, 1962; Jaeger and Nagel,
1992; Song et al., 2008). The other one is the loosest close
packing that is just stable under the application of external
forces (in the limit of vanishing force), which has D = 0.56
or φ = 0.44 (Onoda and Liniger, 1990; Jaeger and Nagel,
1992).
At the basis of the planetesimal formation process there
stands the agglomeration of fine dust grains like that found
in IDPs into dust aggregates of increasing size. Such an agglomerated material from very fine grains that was not subject to any pressure has porosity as high as φ ≈ 0.8 . . . 0.9
(e.g. Yang et al., 2000; Krause et al., 2011b). Such highporosity material seems to be preserved in some comets
(Blum et al., 2006).
Collisions of dust aggregates during the growth process
of planetesimals leads to compaction of the material. The
experiments of Weidling et al. (2009) have shown that the
porosity can be reduced to φ ≈ 0.64 (or even lower, see
Kothe et al., 2010) by repeated impacts. This porosity is still
higher than the random loose packing, lower porosities of
φ . 0.4 were obtained by applying static pressures of more
than 10 bar (Güttler et al., 2009). Since planetesimals form
by repeated collisions with other planetesimals and impact
velocities can be rather high (see chapters by Johansen et
al.) one can assume in model calculations that the initial
porosity of the material from which the parent bodies of the
asteroids formed is already compacted to φ ≈ 0.4.

6. 53 Mn-53 Cr:
For this system, isotopic ages can be obtianed on certain
mineral phases as well as acid leachates. The closure temperature for orthopyroxene and olivine for typically 100 micrometer sized grains is around 800 – 900 K (Ito and Ganguly, 2006; Ganguly et al., 2007).
7. 129 I-129 Xe:
The 129 I-129 Xe system can be applied to ordinary chondrites phosphate or feldspars as well as hydrous phases from
carbonacous chondrites (Brazzle, 1999). The closure temperature of the I-Xe system is largely unconstrained, however, the agreement of some Pb-Pb and I-Xe phosphate data
of slowly cooled ordinary chondrites suggest a similar closure temperature of 720 K of the I-Xe system in chondritic
phosphates.
In order to derive meaningful constraints on the parent body
thermal evolution, it is necessary to ascertain that the thermochronological data are due to the primordial cooling history of the parent body, and not due to secondary impact
induced reheating or other shock effects. As meteorites are
derived from asteroids that were fragmented by collisions
occurring throughout the 4.6 Ga history of the solar system,
meteorite samples that display shock metamorphism and
implicitly experienced disturbances of radioisotopic clocks
should be avoided. In practice that means that only meteorites displaying a low degree of shock metamorphism
should be selected for thermochronological evaluation.
Apart from that, reasonable thermochronological constraints can only be obtained for meteorites for which several points on a cooling curve exist, i.e., different radioisotopic dating techniques should have been applied that define
the points of time at which temperatures fell below different — system specific — closure temperatures. The biggest
such data set exists for H chondrites; it is collected in Table 3.
4. MODEL CALCULATIONS FOR CHONDRITIC
PLANETESIMALS
4.1 Structure of chondritic material
Detailed studies of the thermal evolution of planetesimals with particular emphasis on comparison with the meteoritic record are presently only available for parent bodies of ordinary chondrites, hence we concentrate on such
objects. The main constituents present in chondritic meteorites are chondrules and a matrix of fine dust grains. The

4.2 Equations
Essentially all the models for the internal constitution
and the thermal evolution of the parent bodies of meteorites
considered so far are one dimensional spherically symmetric models. The basic equations to be considered in this
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where G is the gravitational constant and Mr is the mass
inside a sphere of radius r. They have to be combined with
an equation of state ̺ = ̺ (P, T, D) and an equation for
the compaction of the chondritic material which describes
how the filling factor D of the granular material develops
over time under the action of pressure and temperature. The
equations have to solved subject to the appropriate initial
and boundary conditions.
If compaction and melting of the material is not considered one can assume ̺ to be constant. The pressure equation
and the equation of state usually need not to be considered
in that case. This is an approach that is frequently followed
if only the effects of heating and cooling on the chondrite
material are of interest (see Section 4.5).
For the initial conditions the question becomes important
how the big planetesimals are formed that could be the parent bodies of meteorites. Though the details of this are not
undoubtedly known, the general assumption is that they assemble from smaller planetesimals that in turn somehow assembled from the dust in the protoplanetary accretion disk.
Essential for the problem of thermal evolution of the bodies is how the time during which the parent body acquired
most of its material is related to the duration of the main
heating processes acting in the body. If decay of short lived
radioactive nuclei are the main heat source, the body is supplied with the whole latent heat content of the radioactive
nuclei if the essential growth period is short compared to
the decay constant λ of the dominating heat source, while
in the opposite case much of the latent heat present at the
onset of growth is liberated and radiated away before the
material is added to the growing body.
The case that the body forms rapid compared to the
timescale λ is denoted as instantaneous formation. In case
of slow formation one has to add to the above equations
a prescription how the mass M of the body increases during the growth process. In principle the mass of the big
planetesimals increases stepwise during run-away growth
by the rare events of impacts with the most massive bodies from the background planetesimal swarm. This growth
mode was studied, e.g., by (Ghosh et al., 2003). Due to
the difficulties in modelling unsteady growth, most of the
few studies considering growth assume a continuous growth
with some prescribed rate Ṁ (t) of mass-increase. In such
calculations one typically starts with some small seed body
and follows its growth as matter is deposited at the surface.

0
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Fig. 5.— Variation of heat conductivity K with porosity φ.
Results for fine grained silica powder (filled circles) from experiments of Krause et al. (2011b,a), and for particulate basalt
(crosses) from Fountain and West (1970). Typical grain size is
indicated for both cases. Open squares and open circles are experimental results for heat conductivity and porosity for ordinary H
and L chondrites, respectively, from (Yomogida and Matsui, 1983)
and the solid line is the fit according to Eq. (5) (from Henke et al.,
2012a).
The temperature at the surface, Tsrf , is determined by the
gain and loss of energy at the surface in form of a boundary
condition at radius R
−K

∂T
∂r

= Hsrf − L ,

(3)

r=R

where the left hand side is the heat flux from the interior
to the surface, Hsrf is the energy gain from the outside and
L is the energy lost to exterior space. The most important
processes to be considered are heat gain by absorption of
radiative energy from outside and heat loss by radiation into
4
empty space (∝ Tsrf
). For growing bodies also the heat
content of the infalling material and impact heating have
to be considered, but for bodies of less that about 500 km
size impact heating can be neglected. (To be more accurate:
Impact heating is important as a local effect, but not for the
global energy budget, e.g., Keil et al. 1997; Srámek et al.
2012.)
Since the heating by irradiation by the sun (or by the
accretion disc during the earliest phases) varies with distance, it is practically not feasible to determine Tsrf from
this boundary condition because the location of a particular parent body of meteorites at its formation time is not
known. Therefore one has to introduce some ad-hoc prescription for Tsrf ; typically one prescribes some representative value for the surface temperature of bodies in the asteroid belt and assumes that this temperature is constant over
the first few hundred million years of thermal evolution.
4.3 Heat capacity and heat conductivity
The heat conduction equation depends on the specific
12

heat cp per unit mass. This can be calculated from the values of cp for the components of the mineral mixture. For
the material of H and L chondrites Yomogida and Matsui
(1984) give an analytic fit for the temperature variation of
cp that can be used in model calculations. In many model
calculations a fixed value for cp corresponding to room temperature is used, but this significantly underestimates the
real cp at higher temperatures and results in too high temperatures. The importance of using realistic temperature dependent specific heats for modelling the thermal evolution
of planetesimals has been stressed by Ghosh and McSween
(1999).
A good knowledge of the heat conduction K coefficient
is particular important for calculating reliable thermal models. Unfortunately the heat conduction strongly depends
on the structure of the material and no simple method is
known to calculate this for the highly complex structured
material of chondrites. Yomogida and Matsui (1983) measured the heat conductivity of chondritic material for a sample of H and L chondrites in the temperature range 200 –
500 K. The result shows a moderate temperature variation
and a strong dependence on the porosity. They developed a
fit-formula (Yomogida and Matsui, 1984) that describes the
temperature-porosity variation of an average heat conductivity K for this material. A more recent experimental investigation of K for meteoritic material (Opeil et al., 2010)
found similar results.
There is, however, the problem that the measurements
are done for material that is already strongly compacted
with porosities generally less than 15% for unshocked material (Britt and Consolmagno, 2003; Consolmagno et al.,
2008) while the initial porosity of the material must have
been much higher than ≈ 40%. The heat conductivity of
highly porous material relevant for the initial dust material from which planetesimals formed has been measured by
Krause et al. (2011b) in the range of porosities from 44%
to 82%. This has been matched by Krause et al. (2011a)
and Henke et al. (2012a) with the results of Yomogida and
Matsui (1983) into a unified analytic approximation for the
whole range of porosities of the form
K = Kb K(φ) ,

compaction completely changes the internal thermal structure by its insulating effect, as is demonstrated in Akridge
et al. (1998, see also Fig. 8).
The bulk heat conductivity Kb of the material is that of
a complex mixture of minerals with iron and FeS. There is
no exact method to calculate this for composite media, but
a number of recipes have been developed for approximate
calculations (see Berryman, 1995, for a review).
4.4 Heating
The parent bodies of ordinary chondrites where subject to substantial heating because the mineral content of
the meteorites of high petrologic types was equilibrated at
temperatures up to 1 000 K and even above (e.g. SlaterReynolds and McSween, 2005). The possible heat sources
responsible for heating have been debated controversial (see
McSween et al., 2003, for a review). Presently the most efficient sources are believed to be heating by decay of short
lived radioactive nuclei and, for bodies with diameters in
excess of about 500 km, the liberation of gravitational energy during growth of the bodies. The most efficient sources
of heat are shown in Table 2 (see also Cohen and Coker,
2000). The dominating heat source is decay of 26 Al, and
also 60 Fe was considered, but now its low abundance (Tang
and Dauphas, 2012) seems to render its contribution insignificant.
The rate of a radioactive heat source varies with time as
H(t) = H0 e−λ/t

(6)

λ = ln 2/τ1/2

(7)

where
is the decay constant of the isotope that is responsible for
heating and H0 the heating rate by radioactive decay at
some initial instant t = 0. Values for H0 at time of CAI
formation and for τ1/2 for the main heat sources are given
in Table 2).
4.5 Analytic model

(4)

The most simple case that could be considered is if the
heat capacity cp , heat conductivity K, and matter density
̺ all are assumed to be constant and if the body is formed
instantaneously at some instant taken as the origin of timeaxis. Only the heat transport equation (1) has to be solved in
this case. The initial-boundary value problem with constant
temperature T0 at initial time t = 0 and at the fixed outer
boundary at r = R, and a heat source varying with time
as in Eq. (6), allows for an analytic solution (Carslaw and
Jaeger, 1959)


1
H0 −λt  R sin r λκ 2

e
T (r, t) = T0 +
1 − 1
cp λ
r sin R λ 2

where Kb is the — possibly temperature dependent — heat
conductivity of the bulk material, and K describes the variation with porosity (K = 1 for φ = 0)
1/4

(5)
K(φ) = e−4 φ/φ1 + e4 (a−φ/φ2 )
with constants a, φ1 , φ2 given in its latest form in Henke
et al. (2013). An essentially equivalent approach was developed by Warren (2011). Figure 5 illustrates how strongly
the heat conductivity changes with porosity because in a
granular material heat flows only through the small contact
areas of the particles. The heat conductivity changes by two
orders of magnitude if the porosity varies from φ ≈ 40%
from the loosely packed initial stage to φ ≈ 0 for consolidated material. By this a porous surface layer that escapes

κ
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where the last silicate components of the chondritic material melt (see Agee et al., 1995, for a study of the melting
behaviour of the Allende chondrite).

2000
liquidus

4.6 Compaction
The compaction of material in planetesimals is a twostep process. The initially very loosely packed dust material in the planetesimals comes under increasing pressure by
the growing self-gravity of the growing bodies. The granular material can adjust by mutual gliding and rolling of the
granular components to the exerted force and evolves into
configurations with closer packing. The ongoing collisions
with other bodies during the growth process enhances this
kind of compaction of the material. This mode of compaction, “cold pressing”, by its very nature does not depend on temperature and operates already at low temperature. This is discussed in Güttler et al. (2009) and applied
to planetesimals in Henke et al. (2012a).
A second mode of compaction commences if radioactive decays heat the planetesimal material to such an extent,
that creep processes are thermally activated in the lattice
of the solid material. The granular components then are
plastically deformed under pressure and voids are gradually closed. This kind of compaction by “hot pressing” or
‘sintering” is what obviously operated in ordinary chondrite
material, and the different petrologic types 4 to 6 of chondrites are obviously different stages of compaction by hot
pressing. Yomogida and Matsui (1984) where the first to
perform a quantitative study of this process by applying the
theory of Rao and Chaklader (1972). The basic assumption
in this and all modern theories is that the strain rate ǫ̇ in the
material is related to the applied stress σ and the size d of
the granular units by a relation of the form

solidus
r=

1000

m

0k

T [K]

1500

sintering
r=

500

35

km

r = 45 km

0
0
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20
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40
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Fig. 6.— Thermal evolution of a model asteroid satisfying the
prerequisites for applying the analytic solution (8). The radius R
is 50 km , the formation time is tform = 1.5 × 106 a after CAI formation. Shown are the temperature evolution at the centre (solid
line), at 15 km depth below the surface (thick dashed line), and at
5 km depth (dotted line). The thin horizontal dashed lines show
three characteristic temperatures important for the thermal evolution of ordinary chondrite parent bodies: The onset of compaction
by sintering, the onset of melting of the Fe-FeS eutectic (solidus)
and the final melting of the silicates (liquidus). The four circles denote closing temperatures of 1 150, 730, 550, 390 K for different
thermochronological systems, see Table 3. The model parameters
are chosen as in Hevey and Sanders (2006): K = 2.1 W/mK,
cp = 837 J/kgK, ̺ = 3 300 kg/m3 , T0 = 250 K, heating by decay
of 26Al with λ = 9.5 × 10−7 a−1 and H0 = 1.9 × 10−7 W/kg.

nπr
n
∞
2 2
2
2R3 H0 ̺ X (−1) sin R
 e−κn π t/R , (8)

+
2
rπ 3 K n=1
λR
n n2 −
κπ 2

ǫ̇ = A ·

σ1n Eact /RT
e
,
dm

(9)

with some constants A, n, m and activation energy Eact
(see Karato, 2013, for a review on the deformation behaviour of minerals), and that ǫ̇ is given in terms of the rate
of change of the filling factor as

where κ = K/̺cp is the heat diffusivity. If more than one
radioactive heat source is present, the second and third term
of the right hand side have to be repeated for each decay
system. Though this solution neglects important aspects
(significant spatial and temporal variations of K, cp , ̺, finite formation time and so on), it was and still is used in
many studies of thermal evolution of asteroids because it
enables one to study qualitatively some basic features of
the problem in a simple way.
Figure 6 shows as example the thermal evolution of a
body of 50 km size calculated with parameters as used by
Hevey and Sanders (2006) who studied the evolution of
such a body through the stages of sintering and melting.
The figure shows the critical temperatures of T ≈ 750 K
for the onset of sintering of the granular material (see Section 4.6), T ≈ 1 200 K for the onset of the melting of the
Fe-FeS eutectic (see Fei et al., 1997, for a discussion of the
melting behaviour of the Fe-FeS system), and T ≈ 1 700 K

ǫ̇ = −Ḋ/D .

(10)

The stress σ1 is the pressure acting at the contact faces of
the granular units. The quantities A, ... have to be determined experimentally for each material (see Karato, 2013,
for a compilation of data).
The stress σ1 is given by the pressure acting at the contact areas between the granular units. It is assumed that this
is given in terms of the applied pressure P and the areas
of contact faces, πa2 , and average cross-section of the cell
occupied by one granular unit, Cav , as πa2 σ1 = Cav P .
The second basic assumption in the theory refers to the relation between the filling factor D, the radius a of the contact areas, the average number of contact points Z, and the
average cross-section Cav . Complete sets of equations for
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this parent body and on the metamorphic processes within
the body in general, and on the processes acting at the initial
burial depths of each of the meteorites in particular. This allows one to retrieve the major properties of the corresponding parent body and its early evolutionary history by comparing empirically determined thermal evolution histories
of individual meteorites with thermal evolution models of
asteroids.
The thermal history of a meteorite is derived from the
closure ages and the corresponding closure temperatures of
a number of radioactive decay systems, which allow us to
determine the instant at which the temperature of a meteorite cooled below the closure temperature for diffusion of
the decay products of an isotope out of its host mineral (section 3). If such kind of data are available for a meteorite
for more than one decay system one can try to reconstruct
the properties of the parent body and the burial depth of
the meteorite within its parent body because the details of
the temperature evolution at some location within the body
shows characteristic differences for different locations and
different bodies. Because of the significant errors of the
empirical data this is hardly applicable, however, to a single
meteorite (though not completely impossible if at least four
data points are available). If, on the other hand side, there
is a group of meteorites of different petrologic types with
likely origin from one parent body, it is possible to determine the characteristic parameters of the parent body (e.g.,
size, formation time) and the individual burial depths of the
meteorites, by minimizing the difference between observed
closure ages and temperatures and individual temperature
histories for the meteorites at their burial depths within the
unknown parent body.
A good example of a case study describing early heating
and cooling of an asteroid could be performed with the H
chondrite parent body. There exists a not so small set of
H chondrites, for which a number of relatively precise radioisotopic ages is available with different closure temperatures. This data set comprises nine H chondrites of petrologic types 4 – 6. Table 3 is a collection of data available for
such studies. A lot of these data have only become available
during about the last decade such that only now a sufficient
data basis exist for such kind of work.
Unfortunately, for no other meteorite class there exist a
dataset of a comparable size and quality as for H chondrites
that can be used for promising attempts to reconstruct its
parent body, though there have been a few thermochronological studies for other classes. In the case of L chondrites
there are, in fact, also many thermochronological data available, but the parent body probably suffered a catastrophic
collision 500 Ma ago (Korochantseva et al., 2007) and all
thermochronometers are likely to be shifted in this case.
For this reason we restrict our discussions to the case of
H chondrites.
Though well defined complete age data sets are rare, recent studies yielded important progress for Mn-Cr dating of
aqueous alteration or metamorphism of the carbonaceous
chondrites (Fujiya et al., 2012; Doyle et al., 2013). (Fujiya

Fig. 7.— Schematic representation of the onion shell model and
the burial depths of the set of H chondrites used for reconstructing
the parent body within from a thermal history model of the body
and the individual meteorites.

calculating this from the geometry of packing are given in
Kakar and Chaklader (1967); Rao and Chaklader (1972);
Arzt et al. (1983); Yomogida and Matsui (1984); Helle et al.
(1985). In conjunction with these equations, Eq. (10) forms
a differential equation for calculating the time evolution of
D that has to be solved together with the heat conduction
and pressure equation.
Calculations for sintering of the material in planetesimals on this basis have been performed by Yomogida and
Matsui (1984); Akridge et al. (1997); Senshu (2004); Henke
et al. (2012a). The results suggest sintering in planetesimals of the 100 km size-class to occur around 750 K if coefficients in Eq. (9) are taken for olivine from Schwenn and
Goetze (1978). The use of these coefficients at a much low
temperature than for which they have been measured (typically in the range 1 300 to 1 600 K) bears the risk, however,
for a loss of reliability of the model results, but no better
information is presently available.
5. RECONSTRUCTION OF PARENT BODY
PROPERTIES

5.1 Onion shell model
In the onion shell model it is assumed that the different
petrologic types 3 to 6 of meteorites result from different
evolution histories of the material under the different temperature and pressure conditions encountered at their burial
depth within their parent bodies, see Fig. 7. If the onion
shell model is accepted, it is reasonable to assume that meteorites of different petrologic types, if they can be assumed
for some reason to originate from the same parent body,
carry information on the properties and thermal history of
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TABLE 4
P ROPERTIES

OF THE PARENT BODY OF

H

CHONDRITES DERIVED BY DIFFERENT THERMAL EVOLUTION MODELS ,

AND SOME KEY DATA USED IN THE MODELLING .

Models
Quantity

Miy81

Ben96

Akr98

Tri03

Kle08

Har10

Hen12

Mon13

Unit

tform
Rcore
dsrf
Φsrf
Tsrf

2.5
85
—
—
200

2.2
99.0
1.0

2.3
97.5
2.5

170

1.84
110.8
0.73
22.0
178

1.98
126
0.0

200

2.7
100
—
—
300

2.2
99.2
0.8

300

2.5
100
—
—
300

292

Ma
km
km
%
K

M
K
cp
̺bulk
h

0.82
1
625
3 200
1.82

na
(a)
(d)
3 780
na

1.4
(a)
(e)
3 450

1.3
1
625
3 200
1.82

1.3
1
625
3 200
1.82

1.4
(a)
(d)
3 250
1.82

2.2
1.75 (b)
(d)
3 780
1.87

3.2
(c)
(e)
3 800
1.93

1019 kg
W/mK
J/kgK
kg/m3
10−7 W/kg

heating

26

26

26

26

26

26

26

26

Solution
method
Sintering
Regolith

Al

Al

Al, 60 Fe
l.l.

Al

Al

Al

Al, 60 Fe
l.l.

Al

analytic

analytic

numeric

analytic

analytic

numeric

numeric

numeric

—
—

yes
yes

no
yes

—
—

—
—

no
yes

yes
no

no
yes

Keys for models:
Miy81: Miyamoto et al. (1982), Be96: Bennett and McSween (1996), Ak98: Akridge et al. (1998), Tr03: Trieloff et al.
(2003), Kl08: Kleine et al. (2008), Ha10: Harrison and Grimm (2010), He12: Henke et al. (2012b), Table 6.
Notes:
(a) Fit of K to meteoritic data (Yomogida and Matsui, 1984). At T = 500 K the value of the consolidated material is
3.66W/mK. It varies only slightly with temperature.
(b) Variation of K with prosity according to Eq. (5)
(c) Temperature dependence K = K0 (Tsrf /T )a with K = 4 W/mK and a = 0, . . . 2, prefered value a = 1/2.
(d) Fit of cp to meteoritic data (Yomogida and Matsui, 1984). At T = 500 K the value of the consolidated material is
865 J/kgK.
(e) Akr98: Data for forsterite, Mon13: data for olivine with admixture of iron.
Abbreviations:
na: No data given
l.l.: Contribution of 40 K, Th, U considered

et al., 2012) found indistinguishable Mn-Cr ages implying
CM carbonate formation 4.8 ± 0.5 Ma after CAIs, their parent body modeling yielded parent body accretion 3.5 Ma after CAIs. This study also solved a critical problem in carbonate Mn-Cr dating, i.e., evaluation of precise dates by
establishing correct sensitivity coefficients of Mn and Cr in
carbonates, invalidating some previously published Mn-Cr
age data.
The onion shell modell is criticised heavily by some authors (e.g. Taylor et al., 1987; Scott and Rajan, 1981; Ganguly et al., 2013; Scott et al., 2013), because metallographic
cooling data are argued to suggest an impact-dominated
thermal evolution. Though such problems demonstrate that
the thermal evolution does not proceed fully in such a simple way as it is assumed in the onion-shell model, the models to be discussed later show, on the other hand, that it is
possible to obtain a fully consistent picture for the thermal
history of the H chondrite parent body from the onion-shell

model. The solution for this contradictory situation remains
to be awaited.
5.2 Reconstructions of the H chondrite parent body
There were a number of attempts to reconstruct the properties of the H chondrite parent body using empirically determined cooling histories of H chondrites from different
initial burial depths within the parent body. Table 4 gives
an overview on the results, the values of key parameters of
these models, and of the assumptions and methods used.
The table lists all the models that attempted to obtain in
some way a “best fit” between properties and cooling histories derived from laboratory studies and a thermal evolution model of the parent body. The results are radius R
and formation time tform of the putative parent body, and
the burial depths of the meteorites. All studies showed, that
the observed properties of the investigated H chondrites are
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compatible with a parent body of radius of the order of magnitude of 100 km and an “onion shell” model. In this model
the body is accreted cold, then heats up within a period of
ca. 3 Ma by decay of radioactive nuclei, mainly 26Al, and
finally cools down over an extended period of ca. 100 Ma,
without suffering catastrophic collisions that would have
disrupted the body, thereby disturbing its thermal evolution
record. All models published so far are based on the instantaneous formation hypothesis; in all cases the body is
assumed to have a spherically symmetric structure.
The first such model was constructed by Minster and Allegre (1979). The small number of data available at that
time allowed only some very crude estimations of parent
body radius and formation time. This first model initiated
further studies based on better data and methods. Many of
such models are based on the analytic solution of the heat
conduction equation (1) with constant coefficients and fixed
boundary temperature, and with 26Al as heat source (see
section 4.5): Miyamoto et al. (1982), Bennett and McSween
(1996), Trieloff et al. (2003), Kleine et al. (2008). The basic characteristics of these models are listed in Table 4. The
models depend on the formatione time, tform , and on the
radius R of the parent body, and on the surface temperature
Tsrf as free parameters. The size and formation time of the
body is estimated by comparing such models to meteoritic
properties. For the surface temperature a value is assumed
(different by different authors) that is considered as reasonable for bodies at some location in the asteroid belt.
Miyamoto et al. (1982) constructed models for the H and
L chondrite parent bodies and estimated size and formation time by comparing with maximum metamorphic temperatures of the different petrologic types and their relative
abundances in observed falls and the difference in time of
100 Ma between cooling through the closure temperature
of the Rb-Sr system. The frequency of fall of the different
petrologic types is now considered as unsuited for fixing
parent body properties because of the highly random nature of their delivery to earth (see Bennett and McSween,
1996). Bennett and McSween (1996) calculated models
for the H and L chondrite parent bodies. The properties
of the parent bodies and their formation time are estimated
by comparing with maximum metamorphic temperatures of
the different petrologic types and the difference in time of
60 Ma between cooling through the closure temperature of
the Pb-Pb system. Trieloff et al. (2003) calculated models
for the H chondrite parent body. Model parameters were
estimated by comparison with a large set of observed cooling ages for four thermochronmeters: Ar-Ar, Pb-Pb, and
Pu fission tracks retention from nine meteorites, shown in
Table 3. The model parameters were fitted such that the resulting cooling curves for all meteorites pass as close-by as
possible to the closing-temperature-closing-age data points.
Kleine et al. (2008) calculated models for the H chondrite
parent body and fitted to meteoritic data using the data set
of Trieloff et al. (2003) augmented by new data on the Hf-W
thermochronometry of four meteorites (see Table 3).
The weak point of the analytic models following the

method of Miyamoto et al. (1982) is their inability to account for the non-constancy of the coefficients in the heat
conduction equation and to add further important processes.
To allow for more realistic input the basic equations have to
be solved numerically, either based on the methods of finite elements (used by Harrison and Grimm, 2010) or of finite differences (used by Akridge et al., 1998; Henke et al.,
2012a,b; Monnereau et al., 2013). (There are many more
studies on thermal evolution of asteroids, but without attempting to reconstruct the parent bodies of specific meteoritic classes, see the review of Ghosh et al. 2006.)
Akridge et al. (1998) calculated models for the H chondrite parent body that considered temperature and porosity dependent heat conductivity (taken from Yomogida and
Matsui, 1983) and specific heat (taken from Robie et al.,
1979), and in particular the insulating effect of a highly
porous outer layer is considered by assuming an outer layer
consisting of what they call a megaregolith layer with 30%
porosity and an outer regolith layer with ≈ 50% porosity.
Model parameters for the parent body were estimated by
comparison with observed Pb-Pb closure ages, with metallographic cooling rates, and with maximum metamorphic
temperatures of the different petrologic types. The results
show the importance of considering the insulating effect of
an outer regolith layer that results in a flat inner temperature
distribution and a steep descent to the surface temperature
within a rather thin outer layer (see Fig. 8bc). This is in
contrast to models assuming constant properties of the material across the body. The porous mantle results in rather
shallow burial depth’s of H3 to H5 chondrites while most
of the interior is of type H6 (see Fig. 7).
Harrison and Grimm (2010) calculated models for the
H chondrite parent body based on essentially the same approximations as in (Akridge et al., 1998). The model parameters, including thicknesses of regolith and megaregolith
layers, are determined such as to obtain an optimum fit
to cooling age data of eight meteorites (see Table 3, without Mt. Browne), metallographic cooling rates for twenty
meteorites, and cooling rates determined from Pu fissiontracks for seven meteorites. Also compared are the maximum temperature at the burial depths with (assumed) maximum metamorphic temperatures of the petrologic type.
Henke et al. (2012b,a) calculated models for the H chondrite parent body including a modelling of the evolution of
porosity by solving the equation for compaction by cold
pressing (Güttler et al., 2009) and the equations for sintering of granular material by hot pressing at elevated temperatures similar to (Yomogida and Matsui, 1984). In this
model the body develops a compacted core, but retains a
surface layer of significant porosity (see Fig. 2), analogue to
Akridge et al. (1998) and Harrison and Grimm (2010), but
now determined self-consistently from the sintering process. The model parameters were determined by a least
square method that minimizes the distances between a cooling curve and the corresponding data points and an automated search strategy for the model parameters based on a
variant of the genetic algorithm (Charbonneau, 1995).
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Fig. 8.— Comparison of models for the thermal evolution of planetesimals based on different approximations. The formation time
is assumed to be tform = 2.2 × 106 a after CAI formation, instantaneous formation assumed. The surface temperature is fixed at
Tsrf = 200 K. The heating is assumed to be due to 26Al only, the rate is h = 1.82 × 10−7 W/kg at time of CAI formation. The density
of the bulk material is ̺b = 3 800 kg/m3 ; the initial density ̺0 is lower in some models, corresponding to a certain initial porosity
Φ of the material. The initial radius is determined such that all models have the same mass of 1.6 × 1019 kg, which corresponds to a
body of R = 100 km radius if the matter is compacted to ̺b . Shown are the radial temperature variations at the indicated instances
(in Ma after tform ). Panel (a): Models without sintering or outer regolith layer. Full line: Model like Miyamoto et al. (1982) with
̺0 = 3 200 kg/m3 , fixed specific heat capacity cp = 625 J/kgK, fixed heat conductivity K = 1 W/mK. Dashed line: Same model, but
temperature dependent heat capacity in the analytic approximation given by Yomogida and Matsui (1983). Dotted line: Same model,
but K = 3.7 W/mK, corresponding to almost compacted material. Panel (b): Comparison of models with and without insulating outer
layer. Dotted line: Same model as in panel a. Full line: Sintering included (as in Henke et al., 2012a) with an assumed initial porosity of
Φ = 0.3. Panel (c): Shows the outermost layers of the models in panel b. Panel (d): Distribution of porosity in the model with sintering.
In Henke et al. (2013) the model was somewhat improved. It was found that the best fit between models and
meteoritic data is obtained with a rather low 60 Fe abundance of the order of 10−8 for the 60 Fe/56 Fe abundance
ratio, that is close to the latest value of 5.9 ± 1.3 × 10−9
for the 60 Fe/56 Fe ratio found by Tang and Dauphas (2012).
In some models (see Table 4) 60 Fe is considered as a heat
source but at the low abundance now assumed, 60 Fe does
not substantially contribute to the heating of planetesimals
and can be neglected. The model was also extended to include a finite growth time of the parent body of the H chondrites by considering mass-influx over some finite period
and introducing a moving outer boundary. It turned out that
only short accretion times of up to 0.3 Ma are compatible
with the empirical data on the cooling history of H chondrites. The instantaneous accretion hypothesis widely used
in model calculations is supported by this finding.
Monnereau et al. (2013) calculated models for the H
chondrite parent body based on similar approximations as

in (Akridge et al., 1998). A power-law temperature dependence of heat conductivity was assumed. A growth of the
body was allowed for by the method of a moving grid as in
Merk et al. (2002). The same set of thermochronological
data as in Henke et al. (2012b) was used for comparison.
A big number of models were calculated for widely varying parameter values to determine the region in parameter
space inside of which a close fit of the meteoritic cooling
histories is possible. The consequences of an extended accretion period were studied and it turned out also in this
model calculation that good fits to the meteoritic record can
only be obtained for growth periods less than about 0.2 Ma.
Figure 8 shows for comparison the thermal structure of
some “standard” body of a fixed mass that corresponds to a
fully consolidated body of 100 km radius with the composition of the H chondrite parent body. The heating rate is
also assumed to be the same in all models in order that the
total amount of heat released is transferred to the same mass
in all cases considered (for details see figure caption). The
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Fig. 9.— Thermal evolution history of individual meteorites in an optimized evolution model for the parent body of H chondrites. The
values of the free parameters found for the optimised model of Henke et al. (2012a, Table 6) are given in Table 4, model ’Hen12’. The
solid lines shows the temperature evolution at the burial depth’s of the meteorites, the dashed lines the temperature evolution at the centre
of the asteroid, and the dotted lines corresponds to the surface temperature. The square boxes with error bars indicate the individual data
points and the estimated uncertainty of closing temperature and age determinations.
thermal structure is shown for models based on the different
kinds of approximations used so far for modelling the parent body of the H chondrites. One recognizes two important
points: (i) models with a constant heat capacity as assumed
result in much too high temperatures, and (ii) models without insulating outer layers result in much too low temperatures in the shallow outer layers. A correct treatment of the
heat capacity and inclusion of an outer regolith layer are
indispensable for realistic models.
However, despite of the different assumptions made in
the model calculations, from the rather simplistic model of
a homogeneous body with constant material properties, that
can be treated analytically (Miyamoto et al., 1982), to models with rather complex implemented physics like that of
Harrison and Grimm (2010) and (Henke et al., 2012b), the
derived properties of the parent body are rather similar (see
Table 4). These do not seem to depend very critical on the
particular assumptions. The more strongly deviating results
for the burial depths of the meteorites found in the different
models cannot be used to discriminate between models, because no independent information on this is presently available. This would require that methods are developed to determine the maximum pressure experienced by the material

at the rather low pressures in meteoritic parent bodies.
There are also a number of other model calculations
(e.g., Bennett and McSween, 1996; Hevey and Sanders,
2006; Sahijpal et al., 2007; Warren, 2011) that studied the
thermal evolution of asteroids and gave important insight
into their properties and the processes operating in them,
but did not attempt to obtain definite results for the properties of the parent body of H chondrites from some kind of
“best fit” to meteoritic data. Only the range of possible values is studied in these papers. This does not enable a direct
comparison, but the range of possible values for radii and
formation times given are in accord with the results shown
in Table 4.
5.3 Optimized fit to meteoritic data
A systematic method to fit thermochronological data
with results of model calculations for the thermal evolution of planetesimals was applied by (Henke et al., 2012b,
2013). This method allows to use a large number of input
data of meteorites and to deal with a large number of parameters. For this purpose the code for modelling the thermal
evolution of planetesimals is coupled with a code for min19

imum search in order to obtain optimized fits of thermal
evolution models to a set of empirical data for the cooling history of meteorites. The quality function to be minimized corresponds to the χ2 method; details are described
in Henke et al. (2012b). As method for the minimum search
the so called genetic algorithm in the variant of the method
described by Charbonneau (1995) was chosen. This mimics the basic principles that are thought to rule biological
evolution of species and is thought to find optimal values
even under extremely unfavourable conditions. This automated search for a minimum allows to perform much more
complex comparisons with meteoritic data (bigger numbers
of meteorites, bigger number of parameters, inclusion of
meteorites with incomplete or less-quality data) than is possible if the optimisation is done ’by hand’ as in previous
works.
The method was applied to the case of H chondrites because there are nine chondrites (see Table 3) that satisfy
the requirements that their characteristics suggest that they
could have a common origin from one parent body, that
at least three data points are available for each of them,
and that they are of shock stage S0, such that no reset of
the thermochronologic clocks is expected. For these meteorites totally 37 data points are available while the parent body model depends on four parameters (radius R, formation time tform , surface temperature Tsrf , initial porosity
Φsrf ). Because the measured bulk heat conductivities Kb
of chondrites shows large scatter (Yomogida and Matsui,
1983) also this quantity was considered as free parameter
that is included in the optimisation process. Additionally
one has the nine unknown burial depth’s of the meteorites
as parameters. Totally, the problem requires to fit the 37
data points with a model depending on 14 parameters. It
turns out that a very good fit is possible resulting in a value
of χ2 < 7. The quality of the fit can be considered as excellent, because an acceptable fit only requires a value of
χ2 < 23 (= number of data (37) less number of parameters
(14)).
Figure 9 shows the evolution of the temperature at the
burial depth for the optimized model for the meteorites and
the corresponding data points for closure time and closure
temperature. Figure 7 shows a schematic graphical representation of the burial depths of all the meteorites used for
the optimisation process. The results demonstrate that it is
possible to find a solution for the properties of the putative common parent body of these meteorites and for their
burial depths that satisfactory reproduces all experimental
findings.
This finding lends some credit to the onion shell model
to explain the petrologic types of the meteorites. It would
be desirable to extend such calculations to other meteoritic
classes, but this requires that more thermochronological
data are acquired.

The howardite-eucrite-diogenite (HED) meteorites are
a subgroup of the achondrites and originate from a differentiated parent body that experienced extensive igneous
processing. The spectral similarity between these meteorites and the asteroid 4 Vesta indicated their genetic link
(e.g., McCord et al., 1970) and recently the Dawn mission that orbited Vesta between July 2011 and September
2012, has supported the conjecture of Vesta as the parent body. HED’s consist mainly of noncumulative eucrites
(pigeonite-plagioclase basalts) and diogenites that are composed of orthopyroxene and olivine of different mixtures.
Howardites are impact breccias, composed predominantly
of eucrite and diogenite clasts. The igneous lithology is
completed with more rare rock types that include cumulative eucrites. An eucritic upper crust and orthopyroxenerich lower crustal layer have been identified by Dawn in the
Rheasilvia basin (De Sanctis et al., 2012; Prettyman and
colleagues, 2012). The huge basin allows the identification
of material that was formed down to a depth of 30 – 45 km
and has been excavated or exposed by an impact (Jutzi and
Asphaug, 2011; Ivanov and Melosh, 2013). Olivine-rich
and thus mantle material has not been found in a significant amount, i.e., not above the detection limit of < 25%,
suggesting a crustal thickness of at least 30 – 45 km (McSween et al., 2013). This finding may also explain the lack
of olivine-rich samples in the HED collection.
The lithology of the HED’s described above has been
used to constrain the interior structure of the parent body.
Vesta is believed to have a layered structure consisting
of at least a metallic core, a rocky olivine-rich mantle
and a crust consisting mainly of an upper basaltic (eucritic) and a lower orthopyroxene-rich layer (e.g., Ruzicka
et al., 1997; Righter and Drake, 1997; Mandler and ElkinsTanton, 2013). The details in the interior structure, i.e., core
size, mantle and crust thickness, however, vary between
the models and depend among others on the assumption
of the unknown bulk composition of Vesta. However, the
recent gravity measurements from the Dawn mission have
provided a further constraint on the interior structure, i.e.,
the core radius with a size of 107 – 113 km assuming core
densities between 7 100 and 7 800 kg m−3 (Russell et al.,
2012). Some HEDs, furthermore, show a remnant magnetisation suggesting a formerly active dynamo in a liquid
metallic core (Fu et al., 2012).
To infer the differentiation events of Vesta, various radioisotopic dating systems have been used. From these data
it has been concluded that the core-mantle differentiation
likely precedes the mantle-crust differentiation. Eucrites
exhibit siderophile depletions that indicate the formation
of an iron-rich core within ≈ 1 to 4 Ma of the beginning
of the solar system and prior to their crystallization (Palme
and Rammensee, 1981; Righter and Drake, 1997; Kleine
et al., 2009). The Hf-W ages suggest a crystallization time
for eucrite zircons with up to ≈ 7 Ma after CAI formation
whereas for eucrite metals it is ≈ 20 Ma (Srinivasan et al.,
2007). The latter, however, may reflect impact-triggered
thermal metamorphism in the crust of Vesta (Srinivasan
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et al., 2007). In contrast to these findings, the 26 Mg composition of the most primitive diogenites requires the onset of
crystallization already within 0.6 ± 0.4 Ma after CAI’s and
the variation in 26 Mg in diogenites and eucrites indicates
complete solidification, i.e., rapid cooling of the body, even
within the first 2 – 3 Ma after CAI’s (Schiller et al., 2011).
Two possible differentiation scenarios have been associated with the formation of the basaltic achondrites (i.e.,
eucrites and diogenites). The first scenario suggests that
eucrites and diogenites originated from the partial melting
of the silicates (e.g., Stolper, 1975; Stolper, 1977; Jones,
1984) with the extraction of basaltic (euritic) magma leaving behind a harzburgite, orthopyroxenite or dunite residual
depending on the degree of partial melting. The other scenario favored by geochemical arguments suggests achondrites being cumulates formed by magma fractionation. In
that scenario the diogenites could have crystallized either
in a magma ocean (e.g., Ikeda and Takeda, 1985; Righter
and Drake, 1997; Ruzicka et al., 1997; Takeda, 1997; Warren, 1997; Drake, 2001; Greenwood et al., 2005; Schiller
et al., 2011) or in multiple, smaller magma chambers (e.g.,
Shearer et al., 1997; Barrat et al., 2008; Beck and McSween, 2010; Mandler and Elkins-Tanton, 2013). Eucrites
are then products from the magmas that had earlier crystallized diogenites.
Several numerical and experimental studies (e.g., Ghosh
and McSween, 1998; Righter and Drake, 1997; Drake,
2001; Gupta and Sahijpal, 2010; Elkins-Tanton et al., 2011;
Formisano et al., 2013a; Neumann et al., 2014) have been
performed in order to model Vesta’s thermal and geological evolution. As a general conclusion from the thermal
models one can state that Vesta should have finished its accretion by ≈ 1.5 – 3 Ma after the CAIs to efficiently differentiate due to the decrease of the radiogenic heating by
26
Al and 60 Fe with time. The timing and duration of crust
and core formation then vary between the models in particular as in most cases differentiation processes have not
been modelled self-consistently; rather some specific scenario has been assumed and its consequences for the thermal evolution have been studied. For instance, Righter and
Drake (1997) considered core formation and crystallisation
of a cooling magma ocean using a numerical physicochemical model. The core is assumed to have separated during a global magma ocean episode at a melt fraction of 65
to 77%. Then after cooling to a crystal fraction of 80%,
residual melt percolated from the former extensive magma
ocean to form eucrites at the surface and diogenites in shallow layers by further crystallisation. In their model complete crystallisation occurred within 20 Ma after the formation of Vesta. Gupta and Sahijpal (2010) performed a thermal model and considered convective cooling in a global
magma ocean. They investigated two evolution paths, i.e.,
the formation of basaltic achondrites via partial melting of
silicates or as residual melts after crystallisation of a convecting magma ocean. For the partial melting model, they
concluded that, depending on the formation time, melt extraction is possible between 0.15 and 6 Ma after the CAIs

and that differentiation proceeds rapidly within O(104) a.
For the scenarios where accretion was completed within
2 Ma after the CAIs, a magma ocean formed, which does
not crystallise completely for at least 6 – 10 Ma. Ghosh and
McSween (1998) investigated the differentiation of Vesta
by assuming instantaneous core formation in the temperature interval of 1 213 – 1 223 K and that HED meteorites
are the product of 25% partial melting. To obtain such a
scenario, they concluded that Vesta must have accreted at
2.85 Ma, differentiated at 4.58 Ma and formed a basaltic
crust at 6.58 Ma relative to the formation of the CAIs. Furthermore, they suggested that the mantle remained partially
for 100 Ma after its formation and that some near-surface
layers may have remained undifferentiated. A recent study
by Formisano et al. (2013a) considers core formation by
porous flow of iron melt. Core differentiation takes place in
all scenarios in which Vesta completes its accretion in less
than 1.4 Ma after CAI’s and reaches 100% of silicate melting throughout the whole asteroid if Vesta formed before
1 Ma. The model, however, neglects volcanic heat transport, convection in the magma ocean and redistribution of
radioactive heat sources. Considering those as well, results
to a different evolution path: Efficient cooling by melt migration and redistribution of 26Al toward the surface inhibits
the formation of a global magma ocean, instead a shallow
magma ocean forms close to the surface (Neumann et al.,
2014).
Thus, whether the basaltic crust did form after the
silicate-iron separation due to the crystallization of a global
magma ocean, or prior to the silicate-iron separation due to
the extrusion of the first partial melts (partial melting origin
or multiple, smaller magma chambers), remains an open
issue. Which scenario is more likely depends on the competition between heating by short-lived isotopes and the
depletion of these heat sources due to their partitioning into
the melt and the migration velocity of this melt (see discussion above in section 2.2 about global magma ocean). Only
if the extrusion of melt containing 26Al is comparatively
slow, an asteroid-scale magma ocean may have formed otherwise HED’s formed by the extrusion of early partial melts
that are either collected in smaller magma chambers or produced a shallow rapidly (within O(104 -106 Ma) freezing
magma ocean close to the surface (Neumann et al., 2014).
The latter models also suggest that mantle-crust differentiation precedes core formation, which seems to contradict the
chronological records of HED’s seem indicating a reversed
sequence of differentiation (Kleine et al., 2009).
On the other hand, a global magma ocean is difficult
to reconcile with the chronological records of the basalts
that suggest their early origin as a global magma oceans
is suggested to produce residual basaltic melts much later
than during the first 10 million years (Gupta and Sahijpal,
2010; Schiller et al., 2011). The shallow magma ocean
model (Neumann et al., 2014) is consistent with an early
formation time of t0 < 1 Ma of diogenites and the rapid
cooling of the body, even within the first 2 – 3 Ma after
CAI’s (Schiller et al., 2011). It further implies that the
21

first non-cumulate eucrites form before diogenites, consistent with internal 26Al – 26 Mg isochrones recently obtained
by Hublet et al. (2013) that infer younger ages for the diogenites compared to those of the eucrites, and younger ages
for the cumulative eucrites compared to the non-cumulative
ones.
Acknowledgments. This work was supported by
‘Schwerpunktprogramm 1385’ of the ‘Deutsche Forschungsgemeinschaft (DFG)’. We aknowledge that W. H. Schwarz
and S. Henke made available some of the figures.
REFERENCES
Agee C. B. and Walker D. (1988) Earth & Plan. Sci. Lett., 90, 144.
Agee C. B. et al. (1995) J. Geophys. Res., 100, 17725.
Akridge G. et al. (1997) Lunar Plan. Sc. Conf., XXVIII, 1178.
Akridge G. et al. (1998) Icarus, 132, 185.
Amelin Y.and Ghosh A. and Rotenberg E. (2005) Geochim. et
Cosmochim. Acta, 69, 505518.
Arzt E. et al. (1983) Metallurgical Transact. A, 14A, 211.
Barrat J. A. et al. (2008) Meteoritics and Planetary Science, 43,
1759.
Beck A. W. and McSween Jr. H. Y. (2010) Meteoritics and Planetary Science, 45, 850.
Beere W. (1975) Acta Metallica, 23, 131.
Bennett M. and McSween H. Y. (1996) Meteoritics & Plan. Sci.,
31, 783.
Berryman J. G. (1995) in: Rock Physics and Phase Relations.
AGU Reference Shelf 3, (edited by T. J. Ahrens), pp. 205–228,
American Geophysical Union.
Binzel R. P. et al. (1997) Icarus, 128, 95.
Bizzarro M. et al. (2005) Astrophys. J., 632, L41.
Bland P. A. et al. (2011) Meteoritics and Planetary Science Supplement, 74, 5275.
Blinova A.and Amelin Y. and Samson C. (2007) Meteoritics &
Plan. Sci., 7/8, 1337.
Blum J. et al. (2006) Astrophys. J., 652, 1768.
Bouvier A. et al. (2007) Geochim. Cosmochim. Acta, 71, 1583.
Brazzle R. H. (1999) Geochim. et Cosmochim. Acta, 63, 739.
Brearley A. J. and Jones R. H. (1998) in: Reviews in Mineralogy.
Planetary Materials., vol. 36, (edited by J. J. Papike), pp. 3:1–
3:398, Mineralogical Society of America.
Britt D. T. and Consolmagno G. J. (2003) Meteoritics and Planetary Science, 38, 1161.
Burkhardt C. et al. (2008) Geochim. et Cosmochim. Acta, 72,
61776197.
Carporzen L. et al. (2010) in: EGU General Assembly Conference
Abstracts, vol. 12 of EGU General Assembly Conference Abstracts, p. 13971.
Carslaw H. S. and Jaeger J. C. (1959) Conduction of heat in
solids., Oxford University Press, Oxford.
Castillo-Rogez J. C. and McCord T. B. (2010) Icarus, 205, 443.
Charbonneau P. (1995) Astrophys. J. Suppl., 101.
Cherniak D. et al. (1991) Geochim. et Cosmochim. Acta, 55, 1663.
Cherniak D. J. and Watson E. B. (2001) in: Eleventh Annual V. M.
Goldschmidt Conference, p. 3260.
Cohen B. A. and Coker R. F. (2000) Icarus, 145, 369.
Cohen M. et al. (1998) Astron. J., 115, 1671.
Consolmagno G. et al. (2008) Chemie der Erde / Geochemistry,
68, 1.

22

Dauphas N. and Chaussidon M. (2001) Annu. Rev. Astron. Astrophys., pp. 351–386.
De Sanctis M. C. et al. (2012) Science, 336, 697.
Dodson M. H. (1973) Contributions to Mineralogy and Petrology,
40, 259.
Doyle P. M. et al. (2013) Lunar Planet. Sci. Conf. Lett., 44, 1793.
Drake M. J. (2001) Meteoritics & Plan. Sci., 36, 501.
Elkins-Tanton L. et al. (2011) Earth & Plan. Sci. Lett., 305, 1.
Fei Y. et al. (1997) Science, 275, 1621.
Formisano M. et al. (2013a) Meteoritics & Plan. Sci., doi:
10.1111/maps.12134.
Formisano M. et al. (2013b) Astrophys. J., 770, 50.
Fountain J. A. and West E. A. (1970) J. Geophys. Res., 75, 4063.
Fu R. R. et al. (2012) Science, 338, 238.
Fujiya W. et al. (2012) Nature Communications, 3, 627.
Gaetani G. A. and Grove T. L. (1999) Earth & Plan. Sci. Lett.,
169, 147.
Ganguly J. et al. (2007) Geochim. et Cosmochim. Acta, 71, 3915.
Ganguly J. et al. (2013) Geochim. et Cosmochim. Acta, 105, 206.
Ghosh A. and McSween H. Y. (1999) Meteoritics & Plan. Sci., 34,
121.
Ghosh A. and McSween J. (1998) Icarus, 134, 187.
Ghosh A. et al. (2003) Meteoritics & Plan. Sci., 38, 711.
Ghosh A. et al. (2006) in: Meteorites and the Early Solar System
II, (edited by D. S. Lauretta and H. Y. McSween Jr.), pp. 555–
566, Univ. of Arizona Press, Tucson.
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Steiger R. H. and Jäger E. (1977) Earth and Planetary Science
Letters, 36, 359.
Stolper E. (1975) Nature, 258, 220.
Stolper E. (1977) Geochimica et Cosmochimica Acta, 41, 5, 587.
Takahashi E. (1983) National Institute Polar Research Memoirs,
30, 168.
Takeda H. (1997) Meteoritics and Planetary Science, 32, 841.
Tang H. and Dauphas N. (2012) 43rd Lunar and Planetary Science
Conference (2012), 639, L87.
Taylor G. J. (1992) J. Geophys. Res., 97, 14717.
Taylor G. J. et al. (1987) Icarus, 69, 1.
Taylor G. J. et al. (1993) Meteoritics, 28, 34.
Telus M. et al. (2012) Meteoritics & Plan. Sci., 47, 2013.
Terasaki H. et al. (2008) Earth and Planetary Science Letters, 273,
132.
Thomas P. C. et al. (2005) Nature, 437, 224.

Keil K. (1962) J. Geophys. Res., 67, 4055.
Keil K. and Wilson L. (1993) Earth and Planetary Science Letters,
117, 111.
Keil K. et al. (1997) Meteoritics and Planetary Science, 32, 349.
Kleine T. et al. (2005) Geochim. Cosmochim. Acta, 69, 5805.
Kleine T. et al. (2008) Earth & Plan. Sci. Lett., 270, 106.
Kleine T. et al. (2009) Geochim. Cosmochim. Acta, 73, 5150.
Kleine T. et al. (2012) Geochim. et Cosmochim. Acta.
Korochantseva E. V. et al. (2007) Meteoritics and Planetary Science, 42, 113.
Kothe S. et al. (2010) Astrophys. J., 725, 1242.
Krause M. et al. (2011a) Lunar Planet. Sci. Conf. Lett., 42, 2696.
Krause M. et al. (2011b) Icarus, 214, 286.
Krot A. N. et al. (2009) Geochim. et Cosmochim. Acta, 73, 4963.
LaTourette T. and Wasserburg G. (1998) Earth & Plan. Sci. Lett.,
158, 91.
Lodders K. et al. (2009) in: Landolt-Börnstein, New Series, Group
IV, Vol. 4, (edited by J. E. Trümper), pp. 560–599, Springer,
Berlin.
Maaloe S. (2003) J. Petrology, 44, 223.
Mandler B. E. and Elkins-Tanton L. T. (2013) Meteoritics & Planetary Science, doi:10.1111/maps.12135.
Matson D. L. et al. (2009) in: Lunar and Planetary Institute Science Conference Abstracts, vol. 40 of Lunar and Planetary Institute Science Conference Abstracts, p. 2191.
McCord T. B. and Sotin C. (2005) Journal of Geophysical Research (Planets), 110, E05009.
McCord T. B. et al. (1970) Science, 168, 3938, 1445.
McCoy T. J. et al. (1996) Geochim. et Cosmochim. Acta, 60, 2681.
McCoy T. J. et al. (1997) Geochim. et Cosmochim. Acta, 61, 639.
McKeegan K. D. and Davis A. M. (2003) in: Treatise on Geochemistry, vol. 1, pp. 431–460, Elsevier.
McSween H. et al. (2003) in: Asteroids III, (edited by W. F. Bottke), pp. 559–571, Univ. of Arizona Press, Tucson.
McSween H. Y. et al. (2013) LPI Contributions, 1719, 1529.
Merk R. and Prialnik D. (2003) Earth Moon and Planets, 92, 359.
Merk R. and Prialnik D. (2006) Icarus, 183, 283.
Merk R. et al. (2002) Icarus, 159, 183.
Milliken R. E. and Rivkin A. S. (2009) Nature Geoscience, 2, 258.
Minster J. F. and Allegre C. J. (1979) Earth and Planetary Science
Letters, 42, 333.
Miyamoto M. et al. (1982) Lunar Planet. Sci. Conf. Lett., 12B,
1145 .
Monnereau M. et al. (2013) Geochim. et Cosmochim. Acta, 119,
302.
Morbidelli A. et al. (2012) Annu. Rev. Astron. Astrophys., 40, 251.
Moskovitz N. and Gaidos E. (2011) Meteoritics & Plan. Sci., 46,
903.
Neumann W. et al. (2012) Astron. Astrophys., 543, A141.
Neumann W. et al. (2013) Icarus, 224, 126.
Neumann W. et al. (2014) Earth & Plan. Sci. Lett., submitted.
Onoda G. Y. and Liniger E. G. (1990) Phys. Rev. Lett., 64, 2727.
Opeil C. P. et al. (2010) Icarus, 208, 449.
Palme H. and Rammensee W. (1981) Earth and Planetary Science
Letters, 55, 3, 356.
Pätzold M. et al. (2011) Science, 334, 491.
Pellas P. et al. (1997) Geochim. Cosmochim. Acta, 61, 3477.
Prettyman T. H. and colleagues . (2012) Science, 338, 242.
Prialnik D. and Bar-Nun A. (1992) Astron. Astrophys., 258, L9.
Prialnik D. and Podolak M. (1999) Space Science Rev., 90, 169.
Rao A. S. and Chaklader A. C. D. (1972) J. Americ. Ceramic Soc.,
55, 596.

23

Trieloff M. (2009) in: Landolt-Börnstein, Numerical data and
functional relationships, New Series., vol. VI/4 Astronomy,
Astrophysics, (edited by J. Trümper), pp. 599–612, Springer,
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